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ABSTRACT

3



The tropospheric response to mid-winter sudden stratospheric warmings

(SSWs) is examined using an idealised model. SSW events are triggered by

imposing high-latitude stratospheric heating perturbations of varying mag-

nitude for only a few days, spun-off from a free-running control integration

(CTRL). The evolution of the thermally-triggered SSWs are then compared

with naturally-occurring SSWs identified in CTRL. By applying a heating

perturbation, with no modification to the momentum budget, it is possible

to isolate the tropospheric response directly attributable to a change in the

stratospheric polar vortex, independent of any planetary-wave momentum

torques involved in the initiation of a SSW.

Zonal-wind anomalies associated with the thermally-triggered SSWs first

propagate downward to the high-latitude troposphere after ∼ 2 weeks, before

migrating equatorward and stalling at midlatitudes, where they straddle the

near-surface jet. After ∼ 3 weeks, the circulation and eddy fluxes associated

with thermally-triggered SSWs, evolve very similarly to SSWs in CTRL,

despite the lack of initial planetary-wave driving. This suggests that at longer

lags, the tropospheric response to SSWs is generic and governed by the

strength of the lower-stratospheric warming, whereas at shorter lags, the

initial formation of the SSW potentially plays a large role in the downward

coupling.

In agreement with previous studies, synoptic waves are found to play a key

role in the persistent tropospheric jet shift at long lags. Synoptic waves

appear to respond to the enhanced midlatitude baroclinicity associated

with the tropospheric jet shift, and preferentially propagate poleward in an

apparent positive feedback with changes in the high-latitude refractive index.
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1. Introduction47

A change in the strength of the stratospheric polar vortex can have an appreciable influence48

on the position of the tropospheric midlatitude eddy-driven jet (e.g., Baldwin and Dunkerton49

2001; Polvani and Kushner 2002; Kidston et al. 2015). In particular, there is considerable50

evidence in observations and models that a weakening of the polar vortex gives rise to a persistent51

equatorward shift of the lower-tropospheric jet. One of the most striking examples of this52

downward coupling occurs during a sudden stratospheric warming (SSW), wherein the polar53

vortex weakens and warms in the space of a few days (Scherhag 1952). Following an SSW,54

the equatorward tropospheric jet shift can persist for four or more weeks; substantially longer55

than the tropospheric decorrelation timescale in the absence of such an event (e.g., Baldwin and56

Dunkerton 2001; Gerber et al. 2010; Simpson et al. 2011). Extreme vortex events such as SSWs57

can thus provide a potential source of skill for extratropical weather forecasts on subseasonal to58

seasonal timescales (e.g., Sigmond et al. 2013).59

60

It is implicit in a number of studies that the tropospheric response to SSWs can be separated61

into two approximate stages: 1) the mechanism by which the stratospheric anomalies are initially62

communicated downward to the troposphere, and 2) the subsequent amplification and persistence63

of the tropospheric jet shift (e.g., Song and Robinson 2004; Thompson et al. 2006). In terms of64

the former, the mechanisms are not well understood and many have been proposed, including65

’downward control’ via the wave-induced zonally-symmetric meridional circulation (Haynes et al.66

1991; Thompson et al. 2006), a balanced nonlocal response to a stratospheric potential vorticity67

anomaly (Hartley et al. 1998; Ambaum and Hoskins 2002; Black and McDaniel 2004), as well68

as changes in planetary-wave propagation, breaking and reflection either directly or indirectly in69

5



both the stratosphere and troposphere (e.g., Matsuno 1971; Chen and Robinson 1992; Perlwitz70

and Harnik 2003; Shaw et al. 2010; Hitchcock and Haynes 2016; Hitchcock and Simpson 2016;71

Smith and Scott 2016).72

73

To explain the second stage (i.e., the persistent jet shift at longer lags), the general consensus is74

that synoptic-wave feedbacks are necessary (Limpasuvan et al. 2004; Kushner and Polvani 2004;75

Song and Robinson 2004; Garfinkel et al. 2013; Hitchcock and Simpson 2014). Indeed, Domeisen76

et al. (2013) employed a dry dynamical core, to show that in the absence of synoptic-wave77

feedbacks in the troposphere, the tropospheric response to an SSW would be a poleward-shifted78

jet, opposite to what is observed. To our knowledge, no study has explicitly tried to separate the79

short- and long-lag response. It is the latter upon which we focus in this study.80

81

In order to understand how changes in stratospheric temperature (such as those found during82

a SSW), influence the troposphere, many studies have imposed temperature perturbations to83

the stratosphere (e.g., Williams 2006; Lorenz and DeWeaver 2007). For instance, Polvani and84

Kushner (2002) and Kushner and Polvani (2004) developed a modification of the Held and Suarez85

(1994) forcing where tropospheric and stratospheric temperatures were relaxed to a chosen86

equilibrium state, to explore the impact of a high-latitude cooling on the troposphere. They87

demonstrated that the tropospheric response to a colder (stronger) polar vortex is a poleward-88

shifted jet stream. However, as they also relaxed the tropospheric temperatures, the downward89

impact was very sensitive to the details of the tropospheric climatology (e.g., Gerber and Polvani90

2009). In fact, the magnitude of the tropospheric response to an identical stratospheric perturbation91

can differ by more than a factor of three depending on the tropospheric state (Garfinkel et al. 2013).92

93
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In another set of experiments, Haigh et al. (2005) and Simpson et al. (2009) imposed a steady94

stratospheric warming at high latitudes and found an equatorward tropospheric jet shift (although95

the main aim of their work was to understand the tropospheric response to tropical stratospheric96

warming). All of these studies found that changes in tropospheric eddy momentum fluxes and97

their feedbacks with the tropospheric circulation, are crucial for the obtained response. Further,98

Simpson et al. (2009) found that the changes in the quasi-geostrophic refractive index (Matsuno99

1970) could explain the tropospheric eddy changes.100

101

While many studies have imposed thermal perturbations to the stratosphere to explore changes102

in stratospheric variability (see also work by Taguchi et al. 2001; Jucker et al. 2013), the focus has103

been on the climatological (steady or seasonally-evolving) modifications by applying the heating104

continuously. As SSWs are associated with a sudden onset of a high-latitude warming, we take a105

novel approach in this study by imposing a warming for only a few days to initiate a SSW, before106

switching it off and examining the coupled stratosphere-troposphere response. To do this, we107

perform a number of integrations with varying-magnitude heating profiles, using the Model of an108

Idealised Moist Atmosphere (MiMA; Jucker and Gerber 2017) and compare the evolution of the109

forced SSWs with SSWs taken from a free-running control integration.110

111

By triggering an SSW using a heating perturbation rather than by a modulation of the momen-112

tum budget, our experiments allow us to explicitly isolate the part of the downward influence that113

is attributable to changes in the polar vortex (e.g., subsequent changes in planetary- and synoptic-114

wave propagation in response to the weakened vortex), as opposed to the downward influence that115

is associated with the preceding planetary-wave activity which drives a naturally-occurring SSW,116

or with tropospheric precursors (as found to be important by a number of studies, e.g., Black and117
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McDaniel 2004; Nakagawa and Yamazaki 2006; Karpechko et al. 2017; White et al. 2019).118

119

Indeed, Plumb and Semeniuk (2003) found that upward-propagating planetary waves ema-120

nating from the troposphere can drive wind anomalies at successively lower levels akin to that121

observed during SSWs. In this case the downward migration occurs as a passive response to122

upward-propagating waves, such that downward migration during SSWs does not necessarily123

indicate any stratospheric influence on the troposphere. We will show that the tropospheric124

response to SSWs at longer lags is somewhat generic, insomuch that the evolution during the125

thermally-triggered SSWs and the free-running SSWs (i.e., those initiated by momentum torques)126

are almost indistinguishable. We conclude that the persistent equatorward shift of the tropospheric127

jet at longer lags is independent of the wave fluxes that force an SSW, and that there is a genuine128

downward propagation of anomalies from the stratosphere (e.g., Hitchcock and Haynes 2016).129

130

Section 2 provides a description of our model and experiments. Section 3 presents the results of131

our study, comparing SSWs in a free-running control integration (which are necessarily forced by132

momentum torques) with those which are thermally triggered. Finally, in Section 4, a summary133

and discussion is provided.134

135

2. Model and Experimental Setup136

In this study we utilise a recently-developed Model of an Idealised Moist Atmosphere (referred137

to hereafter as MiMA; Jucker and Gerber 2017). The most important features of MiMA that138

distinguish it from dry dynamical cores used in the studies aforementioned, are its explicit139

treatment of moisture and radiation. These two features are important for simulating a real-140
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istic stratosphere and hence for stratosphere-troposphere coupling, which is the focus of this study.141

142

a. Model of an Idealised Moist Atmosphere (MiMA)143

MiMA is an intermediate complexity atmospheric model with a dynamical core which has a144

variety of other well-motivated physical processes. Following Frierson et al. (2006), it iincludes145

a representation of large-scale moisture transport, latent heat release, a mixed-layer ocean, a146

subgrid-scale convection scheme (Betts 1986; Betts and Miller 1986), and a Monin-Obukhov147

similarity boundary-layer scheme. Also incorporated is a more realistic representation of148

radiation, namely the Rapid Radiative Transfer Model (RRTM) radiation scheme (Mlawer et al.149

1997; Iacono et al. 2000), which replaces the grey-radiation scheme of Frierson et al. (2006). The150

RRTM scheme allows for representation of the radiative impacts of both ozone and water vapour.151

152

Neither a sponge-layer nor Rayleigh damping scheme is utilised; instead, the gravity-wave153

scheme of Alexander and Dunkerton (1999) is used to represent gravity-wave momentum154

deposition, following Cohen et al. (2014). The gravity-wave scheme is also modified to ensure155

that any gravity-wave momentum fluxes which do reach close to the model lid, are deposited156

in the top three layers so as to avoid possible sponge-layer feedbacks and spurious meridional157

circulations associated with imposing heating perturbations (Shepherd et al. 1996; Shepherd and158

Shaw 2004). Full details regarding the model can be found in Jucker and Gerber (2017).159

160

In order to generate a relatively realistic climatology (see figure 1 in the supplementary material)161

on which our runs will be based, a number of parameters have been updated from the original162

version provided by Jucker and Gerber (2017). We follow Garfinkel et al. (2019), who modified163
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the lower-boundary conditions of the model to generate as realistic a stationary wave pattern as164

possible. There are differences between our study and theirs and these are documented in section165

1 of the supplementary material, although these differences do not affect our results quantitatively.166

Another important difference from Jucker and Gerber (2017) and Garfinkel et al. (2019) is the167

use of a monthly-climatology zonal-mean input ozone file, taken from the pre-industrial era168

CMIP5 forcing. The SSW frequency is sensitive to the ozone climatology; in particular, if an169

annual-mean ozone climatology is used, the SSW frequency is higher than if a monthly-varying170

climatology is used. We refer readers to Garfinkel et al. (2019) for details on the exact model setup.171

172

b. Experimental Setup173

A series of runs are performed at T42 horizontal resolution (2.8◦x2.8◦) and with 40 vertical174

levels spanning the surface to ∼ 0.01 hPa (i.e., close to 70km). We start by running the model175

freely for 50 years after discarding the first 10 years to allow the mixed-layer ocean to reach an176

equilibrium state. This 50-year control integration is herein referred to as the CTRL run. Following177

In CTRL, 22 SSWs are found using the WMO criterion (McInturff 1978) that the zonal-mean178

zonal wind at 60◦N and 10 hPa must reverse, along with the extra conditions that the SSW must179

occur during November to April, returning to westerly winds for at least 10 consecutive days (to180

avoid counting final warmings), and that no two consecutive SSW events can occur within 20181

days of one another (to ensure that events are distinct; following Charlton and Polvani 2007).182

The ratio of SSWs in CTRL is 0.44 per year, which is a bit less than in observations (e.g., ∼0.65183

per year in the latest ERA-5 reanalysis). This may be due to the fact that in the climatology, the184

vortex is somewhat too strong and cold (see supplementary figure 1a) compared to in observations.185

186
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Every January 1st in CTRL, we generate a branched integration where a transient warming187

in the extratropical stratosphere is imposed in order to trigger a SSW. We refer to these runs188

with imposed warming perturbations as PTRB experiments herein. For each PTRB, there are 50189

ensemble members (from the 50 years in CTRL). In order to impose a warming, the following190

zonally-symmetric term is added to the temperature tendency equation:191

192

F(ϕ, p, t) = τ(t)Φ(ϕ)Λ(p), (1)

where193

τ(t) =


1, if 0 < t− t0 ≤ Nd days

0, otherwise,

(2)

194

Φ(ϕ) =−Q
2

(
1− tanh

[
ϕ−ϕ0

∆ϕ

])
, (3)

and195

Λ(p) =



p−pb
pt−pb

, if pt < p < pb

1, if p≤ pt

0, p > pb,

(4)

and where t is the model time, t0 is the reference time (midnight on December 31st), Nd is the196

prescribed duration of the heating, ϕ , ϕ0 and ∆ϕ are the latitude, reference latitude on which the197

warming starts and the width of the warming, Q is the heating rate per day (units of K day−1), and198

p is the pressure level. The reference latitude and width are taken to be ϕ0 =60◦N and ∆ϕ =5◦,199

respectively. To avoid sharp transitions in the vertical, the heating perturbation decreases linearly200

between pt and pb which we choose to be pt = 60hPa and pb = 150hPa so as to limit the heating201

to the stratosphere and to avoid minimal interference with the troposphere below. An example202

heating profile with Q = 15Kday−1 is shown in figure 1a. Note that the stratospheric warming203
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is applied to sigma levels rather than pressure levels, however the difference between the two is204

relatively small and hence does not affect our results quantitatively.205

206

In total, 5 PTRB experiments are presented here, each with 50 ensemble members and with207

varying-magnitude warmings that are switched on for 3 days (i.e., Nd =3 days); the maximum208

thermal forcing is Q = 25Kday−1, incrementally decreasing by 5K down to Q = 5Kday−1. For209

example, in the 15-K PTRB, a forcing of Q = 15K day−1 is switched on for 3 days, after which it210

is switched off and subsequently the model is allowed to run freely. Figure 1b shows the change211

in vortex strength (i.e., zonal-mean zonal wind u at 60◦N and 10 hPa) for each of the five PTRB212

experiments (ensemble means shown in thick coloured lines) as well as the free-running CTRL213

(black line). By construction, the PTRB experiments follow CTRL throughout December until214

January 1st when the heating perturbation is switched on. The PTRB experiments then show a215

sudden weakening of the vortex followed by a slow recovery in the ensemble mean (although216

there is considerable spread among individual ensemble members as shown by the 15-K PTRB217

[thin grey lines]). The magnitude of the weakening of u increases with increasing thermal forcing,218

with the 5-K and 10-K PTRBs only weakening the vortex but with no reversal, whereas the 15-K,219

20-K and 25-K PTRBs all show a reversal in the ensemble mean. Over the next 2-3 months, u220

recovers to a state that is close to that found in CTRL in March-April.221

222

Note that PTRB experiments where the duration of the thermal forcing has lasted for longer223

than Nd =3 days have also been conducted (e.g., for Nd =5 and 10 days). However, the results224

are qualitatively similar to those presented in this paper. The key difference is that the initial225

disruption of the vortex persists for longer and there is hence a tropospheric impact which also226

lasts for longer in conjunction with the thermal forcing duration (this is particularly true in the227
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Nd = 10 days experiment). We focus on the Nd = 3-day experiments as the duration of the228

tropospheric impact compares favourably to that in CTRL.229

230

The initial stratospheric and tropospheric states for each ensemble member are not the same231

and are essentially random. This is indicated by the spread of the individual ensemble members232

for the 15-K PTRB (thin grey lines) before January 1st in figure 1b. Hence, any signal in the233

PTRB-anomaly composites in relation to CTRL, represents the deterministic response to the234

thermally-forced stratospheric anomalies, which are thus, independent of the initial stratospheric235

and tropospheric states.236

237

3. Results: Zonal-Mean Circulation and Wave Evolution During Free-Running and238

Thermally-Forced SSWs239

We compare the evolution of the zonal-mean circulation and wave propagation/forcing between240

the 22 SSWs identified in CTRL (hereafter CTRL SSWs) and the thermally-forced SSWs in241

PTRB. We focus primarily on the 15-K PTRB experiment as the SSWs evolve most similarly242

to those in CTRL. Nevertheless, we also make inter-experiment comparisons to examine the243

tropospheric response sensitivity to the various-magnitude thermal forcings.244

245

The anomalies in this section are all deviations away from the unfiltered daily climatology246

in CTRL. For example, the anomalies averaged over lags 1-3 in PTRB are calculated as the247

deviations away from the daily climatology in CTRL averaged over January 1st to 3rd.248

249
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a. Zonal Wind, NAM and Temperature Evolution250

Composites of zonal-mean zonal wind u (green contours) and zonal-mean temperature T251

(shading) are shown in figure 2 for different lag stages during the lifecycle of the CTRL SSWs252

(top row) and during the PTRB SSWs (bottom row). Prior to the onset (figure 2a), the CTRL253

SSWs are marked by both stratospheric and tropospheric precursors. In particular, there is a254

weaker and warmer polar vortex with largest magnitudes above ∼50 hPa. There is also evidence255

of tropospheric preconditioning with u < 0 anomalies at high latitudes and u > 0 south of ∼50◦N.256

Such precursors have been evident in many other studies (e.g., Black and McDaniel 2004; Cohen257

and Jones 2011; Garfinkel et al. 2010). By construction, there are no anomalies in PTRB prior to258

the onset date (bottom).259

260

Lags 1-3 (figure 2b) represent the early onset in CTRL SSWs and the forcing stage in PTRB261

SSWs. In CTRL, there is a clear intensification of the u < 0 and T > 0 anomalies in the262

stratosphere. In PTRB, the T > 0 anomalies are located above 100 hPa by construction, and via263

thermal wind balance, give rise to a weakened polar vortex. Below ∼100 hPa, weak-valued u > 0264

anomalies centered on 60◦N develop (although insignificant). These tropospheric u anomalies265

develop as a direct response to the heating perturbation aloft. In particular, in the region of266

heating, upwelling occurs, with corresponding downwelling at lower latitudes. To close the267

induced circulation, there is poleward motion below and equatorward motion aloft (not shown).268

The anomalous u > 0 near 150 hPa, 60◦N forms due to the Coriolis influence on the anomalous269

poleward motion.270

271
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As the lags progress, the development of the stratospheric anomalies in both CTRL and PTRB272

are rather similar. There is a poleward and downward movement of the u and T anomalies, with273

the T anomalies stalling in the lower stratosphere where they persist for up to three months (in274

agreement with the circulation development during polar-night jet oscillation events; Kuroda and275

Kodera 2001; Hitchcock et al. 2013). A recovery of the vortex starts in the upper stratosphere after276

1-2 weeks due to the suppression of upward-propagating waves to higher levels (see later figures).277

In the troposphere, the u anomalies are somewhat different between CTRL and PTRB, with the278

former showing an intensification of the pre-existing tropospheric precursors and an equatorward279

shift by ∼ 5◦. In PTRB however, there is a downward propagation of the stratospheric u < 0280

anomalies into the troposphere, beginning at lags 11-20. In particular, the tropospheric u > 0281

anomalies found during the forcing stage (figure 2b) migrate equatorward and are replaced by282

high-latitude u < 0 anomalies which occur as an extension of the negative u anomalies associated283

with the weakened polar vortex. Together, these anomalies yield a tropospheric dipole akin to that284

found during CTRL SSWs, although note that this dipole is initially located further poleward at285

lags up until lag ∼20.286

287

To further highlight the downward propagation to the troposphere, figure 3 shows height-time288

composites of the Northern-Annular mode (NAM) index (shading) and u anomalies (contours)289

for the CTRL SSWs (a) and for the 25-K (b), 15-K (c) and 5-K (d) PTRB experiments. The NAM290

index is calculated as the area-averaged geopotential height anomalies north of 60◦N, normalised291

by the standard deviation at each pressure level and multiplied by -1, as suggested by Baldwin292

and Thompson (2009), and u is averaged over 60-80◦N. Prior to the onset, there are no anomalies293

by construction in all PTRB experiments, whereas the tropospheric precursors present in figure 2a294

are clearly present in CTRL (top). After the onset, the stratospheric anomalies are somewhat295
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similar between CTRL and PTRB, with a sudden enhancement of negative NAM anomalies close296

to the onset date followed by recovery first aloft, and persistence in the lower stratosphere. The297

25-K and 15-K PTRB appear to have largest-magnitude lower-stratospheric u anomalies at longer298

lags, although note that the NAM magnitude in the 5-K PTRB in May is similar to in the other299

two PTRB experiments.300

301

In terms of the downward influence on the troposphere, the CTRL SSWs, 25-K and 15-K PTRB302

experiments exhibit the classical ’dripping-paint’ pattern found by Baldwin and Dunkerton (2001).303

This is in contrast to the 5-K PTRB experiment which does not show any statistically-significant304

downward propagation below ∼200 hPa aside from a weakly-negative tropospheric NAM in305

March. In particular, in the 15-K and 25-K PTRB, the NAM and u anomalies gradually propagate306

down to∼300-400 hPa over the first∼15-20 days, which is then followed by a sudden, barotropic307

response down to the surface. Further, the 25-K PTRB shows evidence of the largest-magnitude308

and most persistent tropospheric response.309

310

Note that the positive tropospheric NAM in the 25-K and 15-K PTRBs at early lags, represent311

the anomalous tropospheric westerlies found in figure 2 at lags close to the forcing. It is also312

worth noting that the second negative NAM peak in April-May in all PTRB experiments may313

be related to the final warming of the vortex, or may well be due to the systematic onset of a314

second SSW as the vortex recovers from the initial SSW event (where the recovery gives rise to315

favourable conditions for a second SSW). Such double-SSW type winters have been found in316

observations (e.g., Hitchcock et al. 2013), and also bear resemblance to periodic solutions found317

in simpler models (e.g., ?).318

319
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In observations, the tropospheric u anomalies following a SSW event, project onto the leading320

mode of variability (i.e., the first empirical orthogonal function [EOF] of zonal wind) (e.g., Simp-321

son et al. 2011) which represents latitudinal shifts in the near-surface zonal-mean tropospheric jet.322

To this end, we present u anomalies at 850 hPa for the CTRL SSWs as well as the projection of323

these anomalies onto the 1st and 2nd EOFs (hereafter referred to as EOF1 and EOF2 respectively)324

in figure 4a-c. Figure 4d-f shows the same except for the 15-K PTRB experiment. To calculate325

the EOFs, daily data for December-May is used, multiplied by
√

cosϕ over 1-87N. It is clear326

that EOF1 represents latitudinal shifts in the climatological near-surface winds whereas EOF2327

gives rise to a pulsing or broadening of the jet as expected (see green contours in panels d-f and328

horizontal line in a-c).329

330

For the CTRL SSWs (left), a dipole in u exists with negative (positive) anomalies straddling the331

December-February climatological jet core (horizontal line) at both negative and positive lags.332

The dipole at negative lags again indicates the tropospheric precursors seen in previous figures,333

although the u anomalies have larger magnitudes after the onset. It is clear from figures 4b-c that334

the near-surface response to SSWs mostly projects onto EOF1, with a much smaller projection335

onto EOF2. However, we note that the projection onto EOF2 does become more pronounced after336

lag ∼ 30 compared to at earlier lags.337

338

For the 15-K PTRB experiment (right), the u anomalies project onto both EOF1 and EOF2. In339

agreement with figure 2, the u > 0 anomalies initially start at higher latitudes before migrating340

equatorward and stalling at ∼ 45N after about 20 days (and also becoming significant). The341

significant negative anomalies at higher latitudes, begin after ∼ 10 days, in agreement with the342

∼ 10-day delay in thospheric response found in observations by Baldwin and Dunkerton (1999).343
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Looking more closely, the projection onto EOF2 precedes the projection onto EOF1 by ∼ 5−10344

days. This points to the equatorward shift of the anomalies as the lags progress. After ∼ 20 days,345

u projects onto both EOFs, although with a bias towards EOF1 (compare magnitudes of e and f346

panels). This structure is somewhat reminscent of that during final warmings in agreement with347

Black et al. (2006) and Sheshadri et al. (2017) who found that the tropospheric response during348

final warmings is to project onto both EOF1 and EOF2. Nevertheless, we note the similarity349

between CTRL and PTRB at lags & 30 where the projection onto EOF2 in CTRL becomes more350

pronounced.351

352

A natural question arising from figures 2- 4 is how the strength of the initial stratospheric353

warming relates to the subsequent strength and persistence of the tropospheric response. Hence, in354

figure 5a, the variability of the strength of the tropospheric response for all ensemble members for355

all PTRB experiments is shown as a scatter plot of the lower-stratospheric (100-hPa) u averaged356

over lags 11-90, plotted against u at 850 hPa averaged over lags 11-90. Figure 5b then addresses357

how the persistence of the tropospheric NAM varies in response to the stratospheric anomalies as358

a scatter plot of the 100-hPa NAM averaged over lags 11-90, against the percentage of days post359

onset, that the NAM at 850 hPa is less than −1 standard deviation. Note that we use lag averages360

starting at lag 11 to limit the influence of the imposed forcing on the results. Nevertheless, the361

results are not sensitive to changes in the averaging lags, latitudes or pressure levels chosen, or to362

the NAM threshold used in (b).363

364

Overall, it is clear that a more negative lower-stratospheric u anomaly and NAM index results in365

a more negative tropospheric u anomaly (a; strong positive correlation of r = 0.87) and persistent366

negative NAM (b; negative correlation of r = −0.74) closer to the surface. The ensemble mean367
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for each PTRB experiment shows that a PTRB with stronger thermal forcing has a stronger368

and more persistent downward impact, although there is scatter amongst different experiments,369

particularly in (b). This is indicative of the fact that the vortex state prior to the thermal forcing370

being initialised was already highly variable with some runs having an anomalously weak or371

strong vortex. The regression slopes (top right) allow us to approximately quantify the magnitude372

of the downward impact. For instance, the near-surface u response to an SSW is ∼1/3 of the373

strength of the lower-stratospheric u anomaly averaged over positive lags. Further, an averaged374

lower-stratospheric negative NAM of one standard deviation, leads to∼ 25−30% of the following375

90 days having a near-surface NAM of < −1 standard deviation. Note that if u anomalies at376

10 hPa are used on the abscissa in (a), the correlation drops slightly to r = 0.68, athough this377

is still rather high compared to in previous studies (e.g., Maycock and Hitchcock 2015; White378

et al. 2019; Rao et al. 2019). If just the 22 CTRL SSWs are utilised in the calculation, then the379

correlations become r =0.83 at 100 hPa and r =0.43 at 10 hPa.380

381

To further show that a stronger thermal perturbation yields a more-negative tropospheric NAM382

response, figure 5c shows histograms of the 850-hPa daily NAM indices at positive lags for the383

25-K and 5-K PTRB experiments (only the means are shown for the other three intermediate384

experiments as coloured vertical lines, along with the ensemble mean for CTRL in grey). The385

main feature is that the 25-K PTRB leads to an overall shift of the tropospheric NAM towards386

more negative values in comparison to the 5-K PTRB rather than there being large changes in the387

skewness or kurtosis of the respective histograms (see values in top right). This is in agreement388

with Simpson et al. (2011), Sigmond et al. (2013) and Hitchcock and Simpson (2014) who also389

found that the main stratospheric influence is to bias the troposphere to a more negative NAM-like390

state. We note that the 15-K PTRB produces a near-surface response of very similar magnitude to391
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in CTRL (compare pink and grey vertical lines).392

393

In summary, the evolution of u and T in the CTRL SSWs and the thermally-triggered SSWs394

become very similar after∼2-3 weeks. Prior to that, the thermally-triggered SSWs show a gradual395

poleward and downward migration of u < 0 from the lower stratosphere to the near-surface at high396

latitudes, where they then migrate equatorward and stall at midlatitudes, projecting predominantly397

onto EOF1, and with a smaller projection onto EOF2. It appears that the strength of the398

tropospheric response to SSWs mostly depends on the magnitude of the heating perturbation in399

the lower stratosphere and acts to bias the tropospheric NAM to a more negative state.400

401

Herein, the lag stages 4-10 and 11-20 are averaged into one (4-20). This is because the aim402

of this paper is to examine the long-lag (i.e., &3-week) tropospheric response to SSWs. The403

mechanisms behind the initial downward impact (i.e., the short-lag response), are beyond the404

scope of this paper.405

406

b. Planetary- and Synoptic-Wave Evolution407

In this section we examine the wave evolution during SSWs in both the CTRL and PTRB exper-408

iments. In particular, we plot the Eliassen-Palm (EP) flux F = (F(ϕ),F(z)), where409

F(ϕ) = aρ0 cosϕ

(
uz

v′θ ′

θz
−u′v′

)
(5a)

410

F(z) = aρ0 cosϕ

[(
f −

(ucosϕ)ϕ

acosϕ

)
v′θ ′

θ z

]
(5b)

are the meridional and vertical components of the EP flux in spherical coordinates. In these equa-411

tions, z is the log-pressure height, v and w are the meridional and vertical components of the412
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wind, θ is the potential temperature, and a, f and ρ0 are the Earth’s radius, Coriolis parameter413

and background density profile. Overbars and primes represent zonal averages and the deviations414

therefrom, respectively. The divergence of F:415

Π≡ ∇ ·F
ρ0acosϕ

(6)

=
1

ρ0acosϕ

(
1

acosϕ

∂

∂ϕ
(F(ϕ) cosϕ)+

∂F(z)

∂ z

)
(7)

in the zonal-mean zonal momentum budget:416

∂u
∂ t

+ v∗
[
(ucosϕ)ϕ

acosϕ
− f
]
+w∗

∂u
∂ z

=
∇ ·F

ρ0acosϕ
+X (8)

represents the wave forcing of u (Andrews et al. 1987), and (v∗, w∗) and X represent the417

meridional and vertical components of the residual mean meridional circulation (see section 3 d)418

and nonconservative effects/parameterised gravity-wave drag, respectively. Hence, a convergence419

of wave activity (∇ ·F < 0) acts to weaken u and and vice versa, although on longer timescales,420

the main balance in eq. 8 is between Π and the v∗ term in brackets. In particular, ∇ ·F < 0 is421

balanced by a poleward residual circulation f v∗ > 0, and vice versa (e.g., Martineau et al. 2018).422

The wavenumber contributions to F and Π can be quantified by first filtering u, v, w and θ using423

a Fourier transform. Note that in this section, and in all subsequent figures which involve eddy424

contributions, the lowest level of the plots are cut-off at 700 hPa. This is to avoid issues with425

topography when decomposing variables into different wavenumbers.426

427

Figure 6 shows latitude-height composites of the EP flux divergence term Π = ∇ ·F/ρ0acosϕ428

(shading), EP fluxes F (arrows) and u (contours; as in figure 2) anomalies for the CTRL429

SSWs at various lag stages (note that lags 4-10 and 11-20 in figure 2 have been averaged430

together here in c). F is split into planetary wave (zonal wavenumbers 1-3; top) and synoptic431

wave (wavenumbers 4+; bottom) contributions. Note that F is plotted only if F(ϕ) or F(z) is432
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significantly different from the climatology. Prior to lag zero (a), the weaker vortex is driven433

by an enhanced convergence of upward-propagating planetary-wave anomalies throughout the434

high-latitude stratosphere (dominated by wave 1). There is also convergence in the troposphere435

north of 45◦N which appears to contribute to the precursory equatorward jet shift. At lags 1-3 (b),436

there is continued convergence of planetary waves inside the polar vortex as well as at 45◦N in the437

mid- to lower troposphere, along with anomalous Π > 0 in the high-latitude upper troposphere.438

The planetary-wave anomalies mostly enter the stratosphere at ∼40-50◦N rather than at higher439

latitudes, which is likely a response to the weaker vortex. In the midlatitude stratosphere, the440

anomalous synoptic-wave convergence may result from breaking planetary waves which generate441

smaller-scale features.442

443

At lags 4+ (c-d) planetary-wave F anomalies are generally oriented poleward and downward444

along with anomalous Π > 0 in the high-latitude stratosphere, although the magnitudes of F445

and Π for planetary waves decreases at lags 21-90. This suppression following a SSW is the446

expected response to the weakened polar vortex (e.g., Limpasuvan et al. 2004). The presence of447

tropospheric precursors makes it difficult to separate the anomalies which are associated with the448

downward propagation from the preexisting tropospheric anomalies. The region of anomalous449

planetary-wave Π < 0 near 55-60◦N in the middle troposphere contributes to the maintenance of450

the negative high-latitude u anomalies.451

452

Tropospheric poleward-propagating synoptic waves are present at all lags straddling the u453

dipole. In particular, they likely are very important in maintaining the persistent tropospheric jet454

shift via equatorward momentum fluxes (e.g., Limpasuvan et al. 2004).455

456
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We now compare the anomalies in the CTRL SSWs with those for the 15-K PTRB in figure 7,457

which shows the same as figure 6 except without panels at negative lags. At lags 1-3 (a), a vertical458

dipole in Π for planetary waves is evident which straddles the lowest level of maximum forcing459

at ∼60 hPa, with anomalous divergence aloft, and convergence extending down to ∼200 hPa.460

This dipole is associated with anomalous downward-propagating planetary waves and occurs as461

a direct response to the weakened vortex. In particular, the weakening vortex lowers the critical462

lines and hence prevents Rossby waves from propagating freely. The increase in static stability463

associated with the thermal forcing may also play a role in reducing the upward propagation464

of planetary waves (see eq. (5)b and Chen and Robinson 1992). This will also be explained by465

refractive-index arguments in section 3 c. In the region of anomalous tropospheric u > 0, there466

is anomalous weak-valued synoptic waves which propagate upward and converge in the lower467

stratosphere, consistent with the larger propagation window for smaller-scale waves (see Charney468

and Drazin 1961).469

470

At lags 4-20 (i.e., after the forcing has been switched off; b), the planetary-wave anomalies471

are more widespread with an anomalous poleward and downward propagation extending from472

the stratospheric subtropics down to the high-latitude troposphere and with divergence aloft and473

convergence in the lower-stratosphere-upper-troposphere. In particular, the F anomalies extend474

down to 700 hPa in conjunction with the u < 0 anomalies at high latitudes. In terms of synoptic475

waves, a fountain of anomalies is apparent at midlatitudes with convergence in the stratosphere.476

These anomalous synoptic waves may originate due to the enhanced baroclinicity associated477

with the anomalous tropospheric westerlies but are also consistent with the enhanced ability to478

propagate into the stratosphere as the vortex weakens.479

480
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At lags 21-90 (c), both the planetary-wave and synoptic-wave anomalies are similar to those481

in CTRL (figure 6). The planetary-wave anomalies are essentially the same as at earlier lags,482

but with weaker magnitude as the vortex recovers. In terms of synoptic waves, there are clear483

poleward-propagating anomalies straddling the tropospheric u dipole, necessary to maintain the u484

anomalies against surface friction.485

486

We next investigate the source of the tropospheric poleward-propagating synoptic waves. In487

figure 8a, a latitudinal profile of the Eady growth rate (σ = 0.31| f ||∂u(ϕ,z, t)/∂ z|/N) anomalies488

(Hoskins and Valdes 1990, blue line) at 400 hPa, averaged over lags 21-90 is shown for the 15-K489

PTRB. Also shown are the corresponding 400-hPa u (black line) and synoptic-wave F(z) (red line)490

anomalies. Note that similar results are obtained at other tropospheric levels. At midlatitudes491

(high latitudes), the dipole of u > 0 (u < 0) anomalies is collocated with F(z) > 0 (F(z) < 0) and492

σ > 0 (σ < 0). This suggests that in the midlatitude region of enhanced baroclinicity, there is493

an enhanced generation of synoptic waves, in contrast to at higher latitudes, where generation is494

reduced. Although it is difficult to establish conclusively from the EP fluxes and Eady growth rate495

alone, these upward-propagating synoptic waves propagate poleward and drive the persistent jet496

shift (figure 7) in a positive feedback as suggested by Robinson (2000). The midlatitude region497

of σ > 0 is located further poleward at earlier lags and migrates equatorward alongside the u498

anomalies (not shown).499

500

To determine if the poleward-propagating synoptic waves in figure 7 are reflected, or break501

closer to the Pole, the total wavenumber502

K∗ = cosϕ

(
β ∗

u− c

)
(9)
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(Hoskins and Karoly 1981) as a function of latitude at 500 hPa is plotted in figure 8b for all PTRB503

experiments averaged over lags 21-90 (we assume c = 01). In eq. 9, β ∗ is the absolute vorticity504

in spherical coordinates. This diagnostic shows that a Rossby wave will be turned at a latitude505

where k = K∗ (i.e., where the meridional wavenumber becomes zero), will propagate towards506

regions of larger K∗, before breaking at a critical latitude at which u = c and K∗ becomes infinite.507

South of ∼ 55◦N, the DJF-climatological K∗ in CTRL (grey line) and PTRB K∗ (coloured lines)508

are essentially inseparable. However, in the region of easterly u anomalies further poleward,509

the PTRB experiments diverge from the CTRL with a K∗ peak at ∼ 65◦N. For stronger thermal510

forcing, this peak in K∗ becomes more prominent towards higher wavenumbers. In the region of511

the K∗ peak, linear theory suggests that meridionally-propagating synoptic waves are essentially512

trapped due to the presence of turning latitudes on both the poleward and equatorward flanks513

(evidenced by K∗→ 0) and will eventually break. Note that the peak becomes more pronounced514

and extends to higher zonal wavenumbers at lower levels (not shown). The increase in K∗ for515

stronger PTRB experiments indicates that a stronger stratospheric warming, leads to a stronger516

synoptic-wave response.517

518

To understand if the magnitude of the thermal forcing influences the strength of the tropospheric519

synoptic-wave anomalies, figure 8c shows a scatter graph of the 100-hPa high-latitude u averaged520

over lags 11-60 plotted against the synoptic-wave F(ϕ) at 400 hPa and averaged over 45-55N and521

lags 11-60. Note that the results in the scatter plot are not sensitive to variations in the averaging522

lags or latitudes. Overall, the correlation coefficient between the two is r =-0.68, indicating523

a fairly-strong relationship; i.e., a warmer stratospheric temperature perturbation gives rise to524

1Note that upon including c > 0, the K∗ peak is evident at sub-polar latitudes (see below), but north of ∼ 60◦N, K∗ becomes imaginary (and

hence represents wave evanescence). To better highlight the peak at sub-polar latitudes therefore, we use a value of c = 0.

25



a stronger tropospheric eddy momentum flux response. Nevertheless, despite the fact that the525

ensemble means for each of our PTRB experiments (represented by the coloured squares) show526

a near linear relationship, there is much variability around the individual ensemble members527

(coloured diamonds).528

529

Overall, it appears that poleward-propagating synoptic waves play a key role in the maintenance530

of the equatorward-shifted tropospheric jet at longer lags in both the CTRL and PTRB SSWs.531

Such waves appear to be generated by the enhanced baroclinicity at midlatitudes, and propagate532

poleward where they break in the region of easterly anomalies (although note that such breaking533

was diagnosed using K∗ and not the EP flux convergence). planetary waves on the other hand,534

are suppressed throughout the stratosphere and troposphere and may play a key role at short lags535

in initially bringing the polar-vortex anomalies to the troposphere; however, examination of the536

initial downward communication is left to a future study.537

c. Waveguide Evolution538

In order to determine if the changes in wave propagation shown in section 3b are consistent with539

that expected due to wave refraction in response to the evolving zonal-mean basic state, we now540

examine the refractive index:541

n2 =
1

u− c

≡qϕ︷ ︸︸ ︷[
2Ωcosϕ−

(
(ucosϕ)ϕ

acosϕ

)
ϕ

− a
ρ0

(
ρ0 f 2

N2 uz

)
z

]
(10)

− k2

a2 cos2 ϕ
− f 2

4N2H2 (11)

(e.g., Matsuno 1970) where qϕ is the meridional gradient of quasi-geostrophic potential vorticity542

(PV), N2 is the static stability, k is the zonal wavenumber, c is the phase speed, H is the543

density-scale height, and all remaining variables are as in earlier equations. Even though strictly544
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speaking, the refractive index is valid only under the assumption of a slowly-varying basic state545

(i.e., the Wentzel-Kramers-Brillouin [WKB] theory for linear wave propagation), which is clearly546

not the case here, many previous studies have shown that the refractive index can provide useful547

information despite the fact that their experiments may not satisfy the underlying assumptions548

(e.g., Chen and Robinson 1992; Simpson et al. 2009; Garfinkel et al. 2012). It is expected in this549

framework, that waves tend to preferentially propagate away from regions of small n2 towards550

regions of larger n2. Waves cannot propagate in regions of n2 < 0. Close to a critical line (where551

u = c), n2 becomes extremely large.552

553

To calculate n2 for the CTRL SSWs, we first average u(ϕ,z, t) and N2 over the required lag554

stages and over all SSWs. N2 is then further averaged vertically in the stratosphere (after pressure555

weighting), although using an N2 profile which varies with height does not change the results556

qualitatively. The n2 and qϕ anomalies for CTRL shown in figure 9 (top) are then calculated by557

subtracting the December-February climatology of n2 and qϕ . Note that in difference plots such558

as those presented here, the latter two terms in eq. (10) cancel out and hence the anomalies are559

the same for all wavenumbers. Note that c = 0 is used in eq. (10). The calculation of n2 and qϕ560

for the PTRB experiments are calculated similarly except that N2 is averaged over December to561

May (i.e., the length of each PTRB ensemble member) and over all ensemble members, and the562

anomalies are calculated as deviations from the corresponding lags in the CTRL daily climatology.563

564

Figure 9 shows composites of n2 and qϕ anomalies averaged over the same lags as in figure 2565

for the CTRL SSWs (top) and for the 15-K PTRB (bottom). Note that the full field for both566

CTRL and PTRB is provided in figure 2 in the supplementary material. Focusing first on the567

CTRL SSWs (top), one of the most noticeable features is the high-latitude tropospheric region of568
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anomalous n2 > 0, associated with the tropospheric u anomalies (figure 2). This n2 > 0 feature569

would be expected to encourage wave propagation towards it, as indeed seen in figure 6 with570

anomalous planetary-wave F(z) < 0 and anomalous tropospheric synoptic-wave F(ϕ) > 0. Aloft,571

the weakening vortex is indicated by negative qϕ anomalies. Note that there does not appear to be572

any preferential cavity for enhanced upward wave propagation prior to the onset, in the sense of573

focusing planetary waves onto the Pole.574

575

A developing feature at positive lags is a region of n2 < 0 in the midlatitude-subpolar upper-576

troposphere-lower-stratosphere which intensifies as the lags progress. Upon comparison with the577

December-February climatology of n2 (see supplementary figure 1b), it appears that this feature578

extends the subtropical-midlatitude minimum of n2 to higher latitudes, and hence, may act to579

shield the stratosphere from subsequent upward wave propagation. Nevertheless, we note that580

tunneling of planetary waves through a region of n2 < 0 is still possible (e.g., Harnik 2002).581

Above ∼ 50 hPa, n2 becomes positive after lags 1-3, as the vortex starts to recover (i.e., u returns582

to positive).583

584

We now examine the PTRB SSWs (bottom). During the forcing stage (b; lags 1-3), the n2
585

anomalies exhibit a vertical tripole in the extratropics, with an n2 > 0 anomaly in the upper586

troposphere to lower stratosphere, and n2 < 0 both above and below. This vertical tripole is587

the perhaps expected response given the high-latitude thermal forcing. Note that the region of588

anomalous high-latitude tropospheric n2 < 0 occurs due to the anomalous tropospheric westerlies589

(see figure 2b). The negative (positive) PV gradient in the middle-upper (lower) stratosphere is590

also the expected response given the forcing. These n2 anomalies agree dynamically with the F591

anomalies in the top row of figure 7, whereby there is convergence in the region of n2 > 0 and592
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divergence above and below.593

594

At lags 4+ (c-d), n2 and and qϕ become rather similar to in CTRL. In particular, the region595

of n2 < 0 in the middle-to-lower stratosphere develops and becomes larger in magnitude as the596

lags progress. In the high-latitude troposphere, the region of anomalous n2 < 0 at lags 1-3,597

completely switches sign to n2 > 0. This region of n2 > 0 becomes larger in magnitude as the598

lags progress, occurring in response to the u < 0 anomalies associated with the weaker vortex599

aloft which have started their descent to the troposphere, and due to the fact that the tropospheric600

u > 0 anomalies have shifted more equatorward. As aforementioned, these two features act601

to shelter the stratosphere from further upward planetary-wave propagation and to encourage602

enhanced poleward wave propagation (figure 7). The poleward-propagating synoptic waves may603

indeed play a role in the intensification of this feature, via a positive feedback: poleward synoptic604

waves flux momentum equatorward which intensifies the easterly anomalies at high latitudes, and605

thus intensifies the ambient refractive index (the high-latitude westerlies do not actually reverse).606

Consequently, this encourages further poleward synoptic-wave propagation.607

608

Overall, as was the case in sections 3a-b, after ∼3 weeks, the n2 anomalies in the thermally-609

forced SSWs become similar to those in the CTRL SSWs. In particular, the mid-to-high-latitude610

lower-tropospheric n2 > 0, the midlatitude lower-stratospheric n2 < 0, and the large positive611

n2 above ∼ 50 hPa, are all common features to CTRL and PTRB. The EP fluxes in section 3b612

agree dynamically with the n2 anomalies here, and in particular, the high-latitude tropospheric613

region of n2 > 0 first develops in response to the downward migration of the stratospheric u from614

aloft, before intensifying in an apparent positive feedback with the (likely) baroclinically-induced615
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poleward-propagating synoptic waves.616

617

d. Meridional Circulation Evolution618

Wave activity propagation and forcing is intimately linked to the meridional circulation. To619

examine the evolution of the meridional circulation during SSWs in relation to the wave-forcing620

anomalies in the previous section, we examine the residual meridional mass streamfunction:621

Ψ
∗ =

∫
∞

z
ρ0v∗ cosϕdz =

∫
∞

z
ρ0

[
v− 1

ρ0

∂

∂ z
ρ0v′θ ′

θ z

]
cosϕdz

=
∫

∞

z
ρ0vcosϕdz+

ρ0v′θ ′

θ z
cosϕ ≡Ψv +Ψv′θ ′

which approximates the Lagrangian-mean circulation of air parcels (e.g., Andrews et al. 1987,622

and see eq. 8). Ψv and Ψv′θ ′ represent the Eulerian-mean meridional circulation and eddy heat623

flux contributions to Ψ∗, respectively. We present the evolution of Ψ∗ during SSWs.624

625

Figure 10 shows composites of Ψ∗ (top) at various lag stages for the CTRL SSWs. At negative626

lags (a), Ψ∗ is everywhere positive aside from a small insignificant region in the troposphere at627

∼30◦N as well as in the tropics. This is indicative of a strengthened Brewer-Dobson circulation628

during the lead-up to a SSW. This is driven by an imbalance between the enhanced upward-629

propagating planetary-wave activity (Ψv′θ ′ > 0) and the induced thermally-indirect equatorward630

Eulerian-mean circulation (Ψv < 0; not shown). The latter, upon being influenced by the Coriolis631

force, yield the easterly u anomalies associated with the weakened polar vortex (Matsuno 1971).632

At lags 1-3, the stratosphere still has a strengthened Brewer-Dobson circulation, although at lags633

4+, these positive anomalies become weakly negative, due to the cutoff of planetary waves (see634
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figure 6).635

636

The tropospheric Ψ∗ response at positive lags is an extratropical tripole with Ψ∗ > 0 at637

midlatitudes flanked at low and high latitudes by Ψ∗ < 0 (although the high-latitude cell is much638

weaker at lags 4+). This tripole corresponds to changes in the width of the Polar, Ferrel and639

Hadley cells (e.g., Martineau et al. 2018). Indeed, this tripole is the response associated with640

general stratospheric NAM variability rather than variability solely attributed to the tropospheric641

NAM (see supplementary figure 3). We note that Ψ∗ < 0 (Ψ∗ > 0) at ∼30-45N (∼45-65N)642

which straddles the nodal line in u, is the meridional circulation response to the synoptic-wave643

F(ϕ) > 0 (i.e., u′v′ < 0) anomalies (figure 6). In particular, the latitudinal gradients in F(ϕ) (i.e.,644

the horizontal eddy forcing) straddling the nodal line, act to drive the zonal-mean state away from645

thermal wind balance, which necessitates the development of a pair of anomalous meridional646

circulation cells as shown in figure 10 (see eqs. 6- 8). This is the same as that explained in Haigh647

et al. (2005) using the Eulerian-mean momentum budget. The Ψ∗ < 0 anomalies further poleward648

(i.e., the polar branch of the tripole) occur as a result of an imbalance between the Ψv′θ ′ and649

associated Ψv anomalies (not shown).650

651

The bottom row of figure 10 shows Ψ∗ anomalies for the 15-K PTRB experiment. Note that652

Ψ∗ is qualitatively similar for all of our experiments. At lags 1-3 (i.e., during the forcing stage;653

a), Ψ∗ is everywhere negative, with largest magnitudes at ∼55N, ∼50 hPa, and a second peak654

at ∼ 45N, 500 hPa. The Ψv contribution dominates Ψ∗ with Ψv < 0 everywhere (not shown);655

this is the expected response and is similiar to the instantaneous response to a diabatic heating656

anomaly found in Shepherd et al. (1996) (their figure 2a), although their heating was centered at657

midlatitudes and hence had a weaker secondary circulation cell at higher latitudes. In particular,658
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the imposed diabatic heating anomaly is balanced by rising motion over the Pole, and descending659

motion further equatorward, which by mass continuity gives rise to poleward (equatorward)660

motion in the upper troposphere (upper stratosphere). The contribution of Ψv′θ ′ is that of a dipole661

straddling the lowest level of forcing (lower horizontal line; as in figure 7).662

663

At lags 4-20 (c), the Ψ∗ anomalies are noticeably different to those in CTRL. For instance,664

the anomalous meridional circulation between ∼400 hPa and ∼ 50 hPa completely reverses to665

Ψ∗ > 0. This occurs due to a slight imbalance between Ψv > 0 and Ψv′θ ′ < 0 (not shown). Below666

400 hPa, there are insignificant Ψ∗ < 0 anomalies.667

668

However, by lags 21-90, the Ψ∗ anomalies appear to be very similar to those in CTRL, with an669

extratropical tripole in the troposphere and with weakly-negative stratospheric anomalies. The670

tripole is the response to general stratospheric NAM variability and gives rise to changes in the671

width of the Ferrel cell, whereas the weakly-negative Ψ∗ aloft is the response to the reduced672

upward-propagating planetary waves into the stratosphere (figure 7). Hence, after ∼3 weeks, the673

circulation following the CTRL SSWs and that following the thermally-forced SSWs in PTRB674

become very similar to one another.675

676

In summary, there are large differences in Ψ∗ between the CTRL SSWs and the thermally-677

forced SSWs at lags of less than ∼3 weeks. However, at longer lags, the Ψ∗ anomalies evolve678

very similarly with a tropospheric tripole associated with the shifted jet, and a weakly-negative679

stratospheric Ψ∗ associated with the suppressed planetary waves following the SSW onset (see680

section 3b).681

682
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4. Summary and Discussion683

We have examined the tropospheric response to varying-magnitude high-latitude stratospheric684

heating perturbations in order to examine the downward influence of SSWs. To capture the685

sudden nature of a SSW, the heating perturbation was only switched on for a few days (spun-off686

from a free-running control integration, CTRL), which, depending on the magnitude of the687

imposed heating, either gave rise to a weakened, or completely reversed vortex. The evolution688

of the thermally-forced SSWs was then compared with naturally-occurring SSWs identified in689

CTRL. Our novel approach has allowed us to isolate the tropospheric response associated with690

the weakened polar vortex, as opposed to the response associated with the original planetary691

waves (and hence momentum torques) which initiated the SSW. We have focussed in particular692

on understanding the long-lag (i.e., >2-3 weeks) tropospheric response as opposed to the initial693

comminication of the stratospheric anomalies to the troposphere at shorter lags.694

695

Our results confirm a downward influence from the stratosphere following a SSW event (e.g.,696

Baldwin and Dunkerton 2001). This is evidenced by the strong tropospheric signal following the697

thermally-forced SSWs (figures 2- 5) despite the fact that there are no momentum torques asso-698

ciated with preceding planetary waves which initiate the SSW (as is the case in the free-running699

CTRL SSWs). Plumb and Semeniuk (2003) demonstrated that the tropospheric zonal-wind700

anomalies following a SSW could occur passively in response to the upward-propagating701

planetary waves which initiated the SSW, and hence concluded that a downward migration of702

wind anomalies is not necessarily indicative of a downward stratospheric influence. Our results703

unambiguously confirm that a weakening of the stratospheric polar vortex drives a tropospheric704
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circulation response.705

706

Another key result is that at longer lags, the stratospheric and tropospheric evolution in the707

free-running CTRL SSWs and the thermally-forced SSWs are remarkably similar, both in terms708

of the zonal-mean circulation and the eddy fluxes (figures 2, 6- 7, 9, 10). This indicates that at709

longer lags the tropospheric response is somewhat generic and the initial formation of a SSW does710

not play a large role. Instead, the strength of the warming in the lower stratosphere, determines711

the magnitude of the tropospheric response (figure 5, and in agreement with, e.g., Maycock and712

Hitchcock 2015). Nevertheless, at shorter lags, the particulars associated with the initial SSW713

formation may play a potentially important role, given the difference in evolution between the714

CTRL SSWs and PTRB SSWs.715

716

In maintaining the tropospheric jet shift at longer lags, synoptic waves play a key role (see717

figures 6- 8), in agreement with a number of studies (e.g., Limpasuvan et al. 2004; Polvani and718

Waugh 2004; Song and Robinson 2004; Domeisen et al. 2013). The collocation of upward-719

propagating synoptic waves and the peak Eady growth rate in the region of midlatitude westerly720

anomalies suggests that synoptic waves may be forced due to the enhanced baroclinicity (see721

figure 8 and e.g., Robinson 2000). The poleward-propagation of these synoptic waves then722

appear to generate a positive feedback in concert with the region of enhanced high-latitude723

tropospheric refractive index that develops in response to the descending polar-vortex anomalies,724

and intensifies as the lags progress (figure 9). In particular, the poleward-propagating synoptic725

waves flux momentum equatorward (see eq. 5a) and thus weaken the winds further at high726

latitudes, which in turn enhances the ambient refractive index (due to u− c in the denominator of727

eq. 10) and subsequently encourages more poleward synoptic-wave propagation. This explanation728
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is similar to that in Simpson et al. (2009) who suggest a change in the refractive index to initiate729

changes in momentum fluxes which feedback on the ambient refractive index. We note that the730

poleward-propagating synoptic waves and n2 feature were also present at all lags in CTRL; at731

negative lags it was associated with the tropospheric precursors. However, whether this feedback732

mechanism plays a role during observed SSWs requires further work.733

734

The initial 3-week period after January 1st in the PTRB experiments during which the polar-735

vortex anomalies migrate downward to the surface, requires further investigation. The circulation736

anomalies gradually propagate down to ∼ 300 hPa over the first ∼ 2 weeks, before they barotrop-737

ically extend downward to the high-latitude lower troposphere (figure 3). The suppression of738

planetary waves appears to correlate with this downward propagation (figure 7) in agreement with739

Hitchcock and Haynes (2016) and Hitchcock and Simpson (2016). Once the mean-state anomalies740

reach the lower troposphere, they subsequently migrate equatorward before stalling at midlati-741

tudes where they straddle the midlatitdue jet (figures 2 and 4). The exact mechanisms for this742

downward and subsequently equatorward migration of the winds is beyond the scope of this paper.743

744

Unlike in our CTRL run (as well as in observations), for which the near-surface response745

following a SSW projects almost entirely onto the first EOF, the near-surface response following746

the PTRB SSWs projects onto both the first and second EOFs (figure 4), although with a larger747

projection onto EOF1. Some parallels can therefore be drawn between the PTRB SSWs and the748

observed response during final warmings (which, for our stronger experiments, is particularly true749

as the vortex completely reverses; figure 1b). In particular, Black et al. (2006) and Sheshadri et al.750

(2017) found that the tropospheric response following a final warming, is a projection onto both of751

the first two EOFs. The latter study suggested that often the response following such stratospheric752
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variability is to project onto both EOFs, and that the two cannot be seen as independent. In fact,753

the projection onto EOF2 leads the projection onto EOF1 by ∼ 5− 10 days, indicative of the754

equatorward migration of the u anomalies from high to mid latitudes where they stall (figure 2).755

Hence, our experiments may be useful for examining the tropospheric response to a wide-range756

of polar-vortex variability, although in this study, we have focussed on SSWs.757

758

It should be noted that the mechanisms for downward propagation discussed here are based on759

the evolution during thermally-triggered SSWs, which, by construction, lack the vital ingredient760

of planetary-scale momentum torques that are ultimately responsible for observed SSWs. The761

meridional circulation anomalies associated with heating and momentum torques can be very762

different (e.g., Shepherd et al. 1996) and hence could conceivably have different effects on the763

troposphere. Nevertheless, given the similar evolution of the thermally-forced SSWs to the CTRL764

SSWs at longer lags, these initial momentum torques seemingly do not play a large role in the765

tropospheric response at subseasonal to seasonal timescales.766

767

It has been suggested that the strength of the original wave driving can be important for the768

tropospheric response to some SSWs (e.g., Nakagawa and Yamazaki 2006; White et al. 2019).769

This is somewhat similar to the strength of the lower-stratospheric warming in our study. It has770

also been suggested that the troposphere may need to be in a state to ’receive’ the stratospheric771

influence (e.g., Black and McDaniel 2004). We agree that the details of an SSW are important for772

the evolution of a SSW, as well as for the intiial downward impact on the troposphere, but argue773

that the long-lag response of the tropospheric jet is a generic response to a weakened polar vortex.774

775
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LIST OF FIGURES936

Fig. 1. (a) Idealised thermal-forcing profile with Q = 15Kday−1. The two horizontal lines indicate937

the region where the forcing linearly drops off between pt = 60 hPa and pb = 150 hPa. All938

other parameters are as in section 2b. (b) Timeseries from December 1st to May 1st of the939

ensemble-mean u at 60◦N, 10 hPa for each of the five PTRB experiments and CTRL. Thin940

grey lines indicate the evolution for all 50 ensemble members in the 15-K PTRB experiment. . 47941

Fig. 2. (Top row): Latitude-height cross-sections of the T (shading; units: K) and u (green contours;942

units: ms−1) ensemble-mean SSW anomalies averaged over different lag stages in CTRL.943

Solid (dashed) green contours represent positive (negative) u anomalies with contours at944

±0.5,1,2.5,5,10, ...ms−1. Thick black line indicates statistically significant T anomalies945

from the climatology in CTRL. (Bottom Row): Same as top row except for the 15-K PTRB946

experiment. Note that the lags for the PTRB experiments are according to the start of the947

thermal forcing stage (January 1st). Thin horizontal lines are as in figure 1a. . . . . . . 48948

Fig. 3. Height-lag composites of the NAM index (shading with units of standard deviations) aver-949

aged over 60-87◦N and over all SSWs in the CTRL run (a), 25-K (b), 15-K (c) and 5-K (d)950

PTRB experiments. The green contours show u anomalies averaged over 60-80◦N with the951

same contour spacing as in figure 2. Dashed black vertical lines indicate the SSW onset in952

(a) and January 1st in (b-c), whereas dashed green lines in (b-c) represent the first of each953

month. Note therefore that lag 0 in (a) should be matched with January 1st in (b-d). . . . . 49954

Fig. 4. (Top Row): Latitude-lag composites of u anomalies at 850 hPa for the CTRL SSWs (a)955

and the 15-K PTRB SSWs (b). (Middle Row): Projection of u anomalies from the top956

row onto the first EOF of the CTRL run. Horizontal line indicates the December-February957

climatological u in CTRL. (Bottom Row): Same as middle except as a projection onto the958

second EOF. Green contours in the right column indicate the daily climatological u at this959

level with values at ±2.5,5,10,...ms−1. Vertical lines as in figure 3. . . . . . . . . 50960

Fig. 5. (a) Scatter plot of u at 100 hPa against u at 850 hPa, both averaged over 60-87N and lags961

11-90, for five PTRB experiments (see legend) and CTRL. Filled coloured squares indicate962

the corresponding ensemble means for each experiment. (b) Scatter plot of the NAM index963

at 100 hPa averaged over lags 11-60, against the percentage of days post-onset, that the964

NAM at 850 hPa is smaller than a threshold of one standard deviation. Black lines show the965

line of best fit calculated using a least-squares fit. The slope of the linear regression lines966

(along with the confidence intervals) and the correlation coefficients (r) are included in the967

top right of both (a) and (b). (c) Histograms of the daily NAM index at 850 hPa for positive968

lags for the 25-K PTRB (orange/red) and the 5-K PTRB (blue). The Kolgomorov-Smirnov969

test is used to test the siginficance between the two histograms with the p-value shown in970

the top right corner of (b). Also shown in the top right are the skewness and kurtosis for the971

two histograms with the 5-K PTRB values in parentheses. Coloured dashed vertical lines972

represent the ensemble means for each PTRB experiment (including the remaining three973

PTRB experiments as well as for CTRL). . . . . . . . . . . . . . . . 51974

Fig. 6. Latitude-height cross-sections of the Eliassen-Palm flux (F; arrows) and the Eliassen-Palm975

flux divergence term (Π = ∇ ·F/ρ0acosϕ; shading) anomalies averaged over various lag976

stages, and filtered for planetary waves 1-3 (top) and synoptic waves 4+ (bottom). A lower977

level of 700 hPa is used here to avoid complications with topography when calculating the978

eddy contributions to F in equations (5) and (6). Stratospheric arrows are scaled by a factor979

of 5 to aid in visualisation. Units of Π is m s−1 day−1. Thin green contours and thick black980

contour as in figure 2. Note that only F vectors for which either one of its components is981
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statistically significant are plotted. Lag stages averaged over are indicated at the top of each982

column. . . . . . . . . . . . . . . . . . . . . . . . . 52983

Fig. 7. As in figure 6 except for the 15-K PTRB and with the omission of the panels at negative984

lags. Thin horizontal lines as in Figure 1b. . . . . . . . . . . . . . . . 53985

Fig. 8. (a) Latitudinal profile of the Eady growth rate σ (blue line; units of day−1), synoptic-wave986

F(z) (red line) and u (black line) anomalies at 400 hPa and averaged over lags 21-90 for987

the 15-K PTRB. Double-thickness lines indicate statistically-significant differences from988

CTRL at the 95% level. (b) Latitudinal profiles of the total wavenumber K∗ (with c = 0989

and multiplied by the Earth’s radius) at 500 hPa for all PTRB experiments 15-K PTRB990

experiment (solid blue line). The DJF climatological aK∗ for CTRL is also plotted in grey.991

(c) Scatter plot of u at 100 hPa and averaged over 60-87◦N and lags 11-60 (units: m s−1),992

against the synoptic-wave F(ϕ) at 400 hPa, averaged over 45-55N and over lags 11-60.993

Correlation coefficient is included in top right of (c). . . . . . . . . . . . . 54994

Fig. 9. Quasi-geostrophic refractive index (n2; contours) and potential vorticity gradient (qϕ ; shad-995

ing) anomalies averaged over various lag stages for CTRL (top) and the 15-K PTRB ex-996

periment (bottom). Solid (dashed) green contours indicate positive (negative) n2 anomalies.997

Note that n2 has been scaled by a2 and is hence dimensionless, whereas qϕ has units of998

s−1. Contours of n2 are at ±100,200, ...,1000 with additional contours at ±5,10,20, ...,50.999

Also, note that n2 contours have been omitted where u < 0 (N.B. that u in this case is the1000

full field and not the anomaly). See text for details regarding the calculations for both CTRL1001

and PTRB. Thick black line is the December to February climatological zero-wind line.1002

Horizontal lines in the bottom row are as in figure 1b. . . . . . . . . . . . . 551003

Fig. 10. Latitude-height cross-sections of the residual mean meridional circulation Ψ∗ (units of kg m1004

s−2), averaged over lags (a) -30–1, (b) 1-3, (c) 4-20, and (d) 21-90 for the CTRL (top row)1005

and 15-K PTRB experiment (bottom row). Note that the two lag stages 4-10 and 11-20 in1006

figure 2 have been averaged into a single panel here, for brevity. Green contours represent1007

the corresponding u anomalies at these lags with contours at ±0.5,1,2.5,5,10, ...m s−1.1008

Thick black (grey) contour indicates statistical significance at the 95% (90%) level with the1009

latter being added in contrast to other figures to make clear the significant regions. . . . . 561010
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FIG. 4. (Top Row): Latitude-lag composites of u anomalies at 850 hPa for the CTRL SSWs (a) and the

15-K PTRB SSWs (b). (Middle Row): Projection of u anomalies from the top row onto the first EOF of the

CTRL run. Horizontal line indicates the December-February climatological u in CTRL. (Bottom Row): Same

as middle except as a projection onto the second EOF. Green contours in the right column indicate the daily

climatological u at this level with values at ±2.5,5,10,...ms−1. Vertical lines as in figure 3.
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waves 1-3 (top) and synoptic waves 4+ (bottom). A lower level of 700 hPa is used here to avoid complications
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FIG. 9. Quasi-geostrophic refractive index (n2; contours) and potential vorticity gradient (qϕ ; shading) anoma-

lies averaged over various lag stages for CTRL (top) and the 15-K PTRB experiment (bottom). Solid (dashed)

green contours indicate positive (negative) n2 anomalies. Note that n2 has been scaled by a2 and is hence di-

mensionless, whereas qϕ has units of s−1. Contours of n2 are at ±100,200, ...,1000 with additional contours

at ±5,10,20, ...,50. Also, note that n2 contours have been omitted where u < 0 (N.B. that u in this case is the

full field and not the anomaly). See text for details regarding the calculations for both CTRL and PTRB. Thick

black line is the December to February climatological zero-wind line. Horizontal lines in the bottom row are as

in figure 1b.
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FIG. 10. Latitude-height cross-sections of the residual mean meridional circulation Ψ∗ (units of kg m s−2),

averaged over lags (a) -30–1, (b) 1-3, (c) 4-20, and (d) 21-90 for the CTRL (top row) and 15-K PTRB exper-

iment (bottom row). Note that the two lag stages 4-10 and 11-20 in figure 2 have been averaged into a single

panel here, for brevity. Green contours represent the corresponding u anomalies at these lags with contours at

±0.5,1,2.5,5,10, ...m s−1. Thick black (grey) contour indicates statistical significance at the 95% (90%) level

with the latter being added in contrast to other figures to make clear the significant regions.
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