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ABSTRACT

While a poleward shift of the jet stream and storm track in response to in-
creased greenhouse gases appears to be robust, the magnitude of this change is
uncertain and differs across models, and the mechanisms for this change are
poorly constrained. An intermediate complexity GCM is used in this study
to explore the factors governing the magnitude of the poleward shift and the
mechanisms involved. The degree to which parameterized subgrid-scale con-
vection is inhibited has a leading-order effect on the poleward shift, with a
simulation with more convection (and less large-scale precipitation) simulat-
ing a significantly weaker shift, and eventually no shift at all if convection
is strongly preferred over large-scale precipitation. Many of the physical pro-
cesses proposed to drive the poleward shift are equally active in all simulations
(even those with no poleward shift). Hence, we can conclude that these mech-
anisms are not of leading-order significance for the poleward shift in any of
the simulations. The thermodynamic budget, however, provides useful insight
into differences in the jet and storm track response among the simulations. It
helps identify midlatitude latent heat release as a crucial differentiator. These
results have implications for intermodel spread in the jet, hydrological cycle,
and storm track response to increased greenhouse gases in intermodel com-

parison projects.
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1. Introduction

Climate models consistently predict changes in the zonal mean mid-latitude circulation in re-
sponse to increased greenhouse gas (GHG) concentrations. These changes include a poleward
shift of zonal mean eddy kinetic energy (EKE) in the upper troposphere as well as a poleward shift
for other storm track metrics, such as low-level eddy temperature and moisture fluxes (Hall et al.
1994; Yin 2005). The poleward shift of the zonal mean storm tracks has been reproduced in more
recent climate model intercomparisons and is largest in the Southern Hemisphere (SH) (Chang
et al. 2012; Vallis et al. 2015; Harvey et al. 2020). Further, storm track intensity increases in re-
sponse to increased GHG in the Southern Hemisphere (O’Gorman 2010; Chemke et al. 2022). In
addition to these storm track changes, the zonal mean mid-latitude westerlies and eddy momentum
flux convergence maximum also shift poleward (Swart and Fyfe 2012; Barnes and Polvani 2013;
Simpson et al. 2014; Shaw et al. 2016).

While the poleward movement of the jets and storm tracks are present in most models, the causes
of this shift are poorly understood (Shaw 2019) and the magnitude differs widely across models
(O’Gorman 2010; Kidston and Gerber 2010; Gerber and Son 2014; Zappa et al. 2015; Zappa and
Shepherd 2017; Fereday et al. 2018; Mindlin et al. 2020; Garfinkel et al. 2020a). Full confidence
in the zonal mean mid-latitude circulation response to increased GHG depends upon a physically
based explanation of the underlying mechanisms, and how these mechanisms differ across models
to explain the spread in projections. We lack such a well-accepted mechanism; rather, there is
a glut of proposed mechanisms that have not been sufficiently tested (Shaw 2019). These vari-
ous mechanisms begin with different thermodynamic starting points (e.g., tropical upper tropo-
spheric warming, increased specific humidity, stratospheric cooling, or rising of the tropopause),

and hence it is not clear what specific aspect of the thermodynamic response to increased GHGs
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is most important for the circulation response in the first place. Further, the magnitude of future
shifts vary across models from a rare equatorward shift to a poleward shift much larger than that
simulated by the multi-model mean (Gerber and Son 2014; Simpson and Polvani 2016; Curtis et al.
2020). While some of this spread may simply be due to internal variability, recent work suggests
genuine inter-model differences play a leading role in, e.g., the North Atlantic region (McKenna
and Maycock 2021).

This uncertainty in circulation changes is a more important contributor to uncertainty in future
changes in precipitation and the hydrological cycle than the direct thermodynamic response to
rising GHG (Elbaum et al. 2022). This circulation uncertainty also has important implications
for regional climate change. For example, CMIP models project a decrease of up to ~ 25% of
Mediterranean precipitation by the end of the 21st century relative to the present-day in the multi-
model mean (Giorgi and Lionello 2008; Kelley et al. 2012; Polade et al. 2017; Tuel and Eltahir
2020; Garfinkel et al. 2020a). However, there is a wide spread among models participating in
the fifth phase of CMIP (CMIP5), with projections ranging from essentially no change to over
a 60% precipitation reduction over the Eastern Mediterranean (Zappa et al. 2015; Polade et al.
2017; Garfinkel et al. 2020a). This intermodel spread in the hydrologic cycle is dominated by
intermodel spread in the circulation response to increased GHG, while intermodel spread in the
thermodynamic response plays a minor role (Elbaum et al. 2022). A better understanding of the
processes that lead to diversity in the dynamical response to increased GHG is urgently needed.

Climate models cannot yet be run for centennial timescales at resolutions that explicitly resolve
convection. Hence, models parameterize convection in order to represent known physical pro-
cesses that lead to precipitation. These convection parameterizations are still a work in progress
and are constantly being upgraded (Rio et al. 2019; Bartana et al. 2022; Lin et al. 2022). This

raises the possibility that model uncertainty in the representation of convection (which may be
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reducible) is contributing to spread in the projected midlatitude circulation response to increased
GHG, as pointed out by Fuchs et al. (2022).

This study demonstrates that changing the convective parameterization in a single atmospheric
general circulation model can lead to sharply diverging midlatitude circulation responses to in-
creased GHG, and then aims to explain why the response is so sensitive. After introducing the
model in Section 2, we demonstrate in Section 3 that the settings used for the convection scheme
have a leading order impact on the circulation response, with a poleward shift evident only for
some settings. Next, we evaluate which mechanisms appear capable of distinguishing between
runs with and without a poleward shift (Section 4-5). We conclude with a summary and a discus-

sion of the implications for subtropical precipitation and for model uncertainty across CMIP.

2. A model of an idealized moist atmosphere (MiMA)

We use the Model of an idealized Moist Atmosphere (MiMA) introduced by Jucker and Gerber
(2017), Garfinkel et al. (2020c), and Garfinkel et al. (2020b). This model builds on the aquaplanet
models of Frierson et al. (2006), Frierson et al. (2007), and Merlis et al. (2013). Very briefly, the
model solves the moist primitive equations on the sphere, employing a simplified Betts-Miller con-
vection scheme (Betts 1986; Betts and Miller 1986; Frierson 2007), an idealized boundary layer
scheme based on Monin-Obukhov similarity theory, and a purely thermodynamic (or slab) ocean.
An important feature for this paper is that we use a realistic radiation scheme Rapid Radiative
Transfer Model (RRTMG Mlawer et al. 1997; Iacono et al. 2000), which allows us to explicitly
simulate the radiative response to water vapor (Tan et al. 2019). Please see Jucker and Gerber
(2017) for more details. All simulations in this paper are run in an aquaplanet configuration with
none of the building blocks of stationary waves developed by Garfinkel et al. (2020c,b). There

are no clouds in our model, and hence mechanisms for a poleward shift involving cloud radiative
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effects are, by construction, not in operation and cannot be assessed. The role of a dynamic ocean

for circulation shifts cannot be assessed in this configuration either.

a. Convection scheme

The simplified Betts-Miller convection scheme (Betts 1986; Betts and Miller 1986; Frierson
2007) contains one key parameter and two flags that modify the parameterization, and we explore

their importance for future jet and storm track changes in this work:

1. RHrelax: This parameter determines how effectively convection stabilizes the atmospheric
column if convection is triggered at any location and time step. RHrelax specifies the relative
humidity of the atmospheric profile to which the scheme relaxes temperature and humidity
to remove convective instability (see Frierson 2007, Section 2d, for further details). In this
study it is varied from 0.6 to 0.85. A lower value of RHrelax allows the convection scheme
to produce more precipitation and more efficiently stabilize the atmospheric column. This

parameter is called “rhbm” in the model’s namelist.

2. shallow_convection(on/off): This flag toggles the use of a simple parameterization of
shallow convection designed to capture the effect of trade cumulus. Trade cumulus are formed
from shallow convection that does not lead to net precipitation but nonetheless moisten and

warm the mid-troposphere.

If the Betts-Miller scheme finds that moisture relaxation would lead to a net moistening of
the profile (which can happen due to unsaturated layers in the mid-troposphere, which would
re-evaporate rain falling down), it will not activate. With shallow convection turned on, how-
ever, the reference temperature profile will be modified below the level of neutral buoyancy,

thereby redistributing heat and moisture in the vertical in the absence of precipitation. This
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flag is called do_shallower in the model’s namelist, and the scheme is further documented
in Frierson (2007, section 2¢). Frierson (2007) also considered another shallow convection
scheme governed by the namelist parameter do_changeqref, but this additional scheme is

always turned off in this study.

3. use_CAPE(on/off): The final perturbation allows us to modify the sensitivity of parame-
terized convection to Convective Available Potential Energy (CAPE). This flag determines
how the scheme computes the precipitation if the initial temperature relaxation computa-
tion yields precipitation which exceeds the initial computation of the water vapor relaxation,
Pr > Pp > 0, in the nomenclature of Frierson (2007, Section 2b). There are two ways to cor-
rect this mismatch and conserve enthalpy. If use_CAPE is toggled off, we adjust the reference
profiles as described by Frierson (2007), thus effectively breaking the connection between
CAPE and precipitation. If use_CAPE is turned on, the scheme instead increases the adjust-
ment time (7p,,) by a factor Pr/ Py to ensure that Pr = Fyp. If, on the other hand, Pp > Pr > 0,
the scheme always modifies the adjustment time 7, regardless of use_CAPE. This flag is

called do_simp in the model namelist.

Recent publications using the simplified Betts-Miller convection scheme of Frierson (2007) have
used different settings for these parameters. Jucker and Gerber (2017) set RHrelax=0.7, turned
shallow_convection on, and use_CAPE off; in contrast, Tan et al. (2019) chose RHrelax=0.8,
turned shallow_convection off, and use_CAPE on. The settings used by Jucker and Gerber
(2017) and Tan et al. (2019) are hereafter referred to as JG17 and TLS19 respectively. We have
created configurations of the model with all eight possible combinations of these three parameters,
including halfway configurations with all possible permutations (hereafter the halfway simula-

tions). For each setting of the convective parameterization, we performed simulations with histor-
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ical CO> (390ppmv) and with increased CO,. In addition, we performed a simulation in which
RHrelax is set to 0.6, shallow convection on, and use_CAPE off (as in JG17 but with even more
convection), and in which RHrelax is set to 0.85, shallow convection off, and use_CAPE on (as
in TLS19 but with even less convection). The climate sensitivity for each configuration differs.
As our focus is on the circulation response, rather than the thermodynamic response, we calibrate
the increased GHG in each case so that globally averaged surface temperature always rises by ap-
proximately 8K. The ten configurations used, and the CO, concentrations required for the warmed
climate simulation for each configuration, are listed in Table 1. All experiments were run for 36
years at T42 resolution with 40 levels in the vertical following at least 25 years of spinup. We
use a strong greenhouse gas forcing and long integrations to improve the signal to noise ratio, and
results are similar for smaller CO, perturbations or if the 36 year runs are divided into 10-year

chunks.

b. Brief overview of the climatologies and the thermodynamic response to increased GHG

Figure 1a shows the resulting convective and large-scale precipitation for the JG17 and TLS19
configurations. Convection dominates tropical precipitation in the JG17 configuration (more than
99%) while convective and large-scale precipitation each contribute around 50% in the TLS19
configuration (consistent with Frierson 2007). In both configurations, precipitation between 30°
and 40° is predominantly convective, and poleward of 60° predominantly large-scale. The dis-
cussion section addresses the question of which configuration is more realistic, though note that
this range in the relative role of convection for tropical precipitation spans the range found in
CMIP5 and CMIP6 models (figure 1 of Chen et al. 2021) and hence is of relevance for interpreting

intermodel spread in CMIP.
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The resulting climatological distribution of 970hPa temperature is shown in Figure 1b. All
configurations simulate a similar equator-to-pole temperature difference, with the maximum tem-
perature gradient in midlatitudes. The difference in temperature between the tropics (equatorward
of 10°) and pole (latitudes exceeding 80°) is shown for each pressure level in Figure 1c: it is clear
that the different configurations simulate a similar climatology by this metric. The vertical profile
of equatorial specific humidity is shown in Figure 1d. The simulations with shallow convection on
(e.g., JG17) simulate a moister mid- and upper-troposphere (and also stratosphere), than the sim-
ulations with shallow convection off (e.g., TLS19). In contrast, tropical boundary layer moisture
is larger in TLS19 than in JG17, also consistent with the settings for shallow convection. A higher
value of RHrelax leads to more moisture at all levels if shallow convection is on, as the convection
scheme removes less moisture from the atmosphere (the magenta line in Figure 1d). use_CAPE
has a smaller impact on the climatology than either of the other two parameters (not shown).

Figure 2ab shows the temperature change for each configuration in response to increased CO;
(AT, where A refers to the response to increased GHGs computed by differencing the present-day
and +8K simulations); similar plots for the halfway simulations are shown in Supplemental Figure
1. All global warming simulations project enhanced warming of the tropical upper troposphere
and polar amplification, similar to that projected in CMIP models. Polar amplification is seen
more clearly in Figure le, which shows the 970hPa AT in each configuration. The enhanced
warming in the tropical upper troposphere is seen more explicitly in Figure 1f, which shows the
AT at 321hPa in each configuration. This temperature change leads to increased static stability in
all configurations as well (Figure 2cd).

The absolute atmospheric moisture content increases in all configurations (Figure 2ef; Supple-
mental Figure 1) as expected from the Clausius-Clapeyron relation (Held and Soden 2006). The

precipitation response in each simulation is similar in a general sense (Figure 1g), with an increase
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in the tropics and midlatitudes and a weak reduction in the subtropics. Despite this overall simi-
larity, there are important differences among the configurations: for example, the latitude in which
subtropical precipitation decreases is near 35° for TLS19 but near 25° for JG17. Such uncertainty
is of great importance to areas with Mediterranean climates, in which much of the rain falls from
the equatorward edge of the wintertime storm track (Seager et al. 2019), an issue we return to in
Section 6. The TLS19 and JG17 configurations also differ as to the region where net aridification,
as diagnosed by precipitation minus evaporation, becomes most severe (Figure 11). These differ-
ences in the hydrologic cycle response to global warming despite an essentially identical global

mean warming motivate us to consider the circulation response for each configuration.

3. Sensitivity of the jet and storm track responses to the convection parameterization

We now consider the jet and storm track response to the increased GHG. Figure 3ab shows the
zonal wind climatology (solid contours) and response to increased GHG (shading) for each con-
figuration; similar figures for the halfway simulations are shown in Supplemental Figure 2). The
jet latitude at each level is computed by fitting the zonal mean zonal wind near the jet maxima (as
computed at the model’s T42 resolution of ~ 3°) to a parabola, and then computing the maximum
of the parabola at a meridional resolution of 0.12° (Garfinkel et al. 2013a). All configurations
feature a climatological near-surface westerly wind maximum near 40°. While the near-surface
jet is 4° farther poleward in JG17, consistent with the effect of a shallow convection scheme on
jet latitude in Fuchs et al. (2022), the climatological jet structure is a “merged jet” with the upper-
tropospheric subtropical jet in all configurations, unlike the much larger differences associated
with varied radiative assumptions in Tan et al. (2019).

In response to increased GHG, the subtropical jet accelerates in the upper troposphere in all

configurations, consistent with CMIP models. The response of the near-surface jet, however, dif-
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fers qualitatively among the configurations. For the JG17 configuration, the near-surface jet shifts
slightly equatorwards, as evidenced by the westerly anomaly equatorward of the jet maximum and
easterly anomaly poleward of the jet maximum. In contrast, the near-surface jet shifts polewards
for the TLS19 configuration, with an easterly anomaly on the equatorward jet flank and westerly
anomaly on the poleward flank. The intermediate configurations, with only one of the differences
between JG17 and TLS19 included, indicate that of the three parameters, shallow convection is
the most important, RHrelax has a moderate effect, and use_CAPE has minimal importance (Sup-
plemental Figure 2). Fuchs et al. (2022) also find a stronger poleward near-surface jet shift when
shallow convection is turned off, as in TLS19.

Figure 1h summarizes the AU at 850hPa for each configuration. For the TLS19 configuration
(green), a clear dipole is present, with an easterly anomaly equatorward of 40° and a westerly
anomaly poleward of 40°. An opposite response is evident in the JG17 configuration (blue). These
differences in the jet shift across the experiments are consistent with respective A eddy momentum
flux (Figure 5ab): a dipole is evident for the TLS19 configuration with enhanced momentum flux
poleward of its climatological position, acting to shift the jet poleward. In contrast, in the JG17
configuration, eddy momentum flux weakens at all latitudes in the upper troposphere (the upward
shift associated with a rising tropopause will be discussed later).

Changes in the eddy kinetic energy (4% + 72, where £ denotes band-pass filtered x using a Sth
order Butterworth filter with cutoffs at 2 and 8 days; AEKE) are shown in Figure 3cd. In all
configurations, the EKE decreases near and equatorwards of its climatological maximum in the
lower and mid-troposphere, but increases near the tropopause and lower stratosphere. Both the
upward expansion and the weakening on the equatorward flank are similar to that seen in CMIP

models (e.g., Chang et al. 2012). For the TLS19 configuration with a poleward jet shift, a slight
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strengthening of EKE is present on the poleward flank, consistent with the change evident in the
Southern Hemisphere in CMIP models.

The poleward shifts (or lack thereof) in EKE and in the near-surface jet are tightly coupled. To
demonstrate this, we define an index of storm track shift by taking the difference of AEKE at
600hPa at 55° minus that at 30° (results are not sensitive to shifts of ~ 5°, or the precise pressure
level taken within the troposphere). We then contrast this index of the storm track shift (ordinate)
with the change in jet latitude at 970hPa (abscissa) for the TLS19, JG17, and halfway configura-
tions in Figure 4a. Configurations with a poleward jet shift also feature a relative strengthening
of the storm track on its poleward flank as compared to its equatorward flank. Given the tight
coupling between the near-surface jet and storm track as diagnosed by EKE, we treat them inter-
changeably in the rest of this paper. Specifically, all conclusions reached below with regards to the
near-surface jet shift apply equally to the EKE shift as well. Additional metrics of the storm track

will be discussed in section 4c.

4. Negating less-important mechanisms for the jet and storm track shift

The rest of this paper aims to understand which of the varied mechanisms listed in Shaw (2019)
are capable of diagnosing why the near-surface jet (hereafter jet) and storm track shifts polewards
using the TLS19 settings for the convection parameterization, but not using the JG17 settings. We
first demonstrate that many of the mechanisms reviewed by Shaw (2019) cannot be of leading-
order importance for explaining the poleward jet shift in TLS19, as their key physical process(es)
respond at least as strongly in the JG17 configuration with an equatorward shift. In other words,

if these mechanisms were critical, the jet should shift in the same direction in both experiments.
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a. Can temperature changes alone predict the shift?

We first consider whether zonal mean changes in the temperature structure of the atmosphere
can account for the difference in jet shifts. The warming of the tropical upper troposphere in re-
sponse to increased GHG has been argued to help induce the poleward jet shift (Butler et al. 2010)
by a variety of distinct mechanisms detailed in Shaw (2019). If a warming of the tropical upper
troposphere occurred only (or mainly) in simulations in which the jet shifted poleward, then we
would be motivated to examine each of these specific mechanisms. However, our experiments do
not provide any evidence that warming of the tropical upper troposphere is sufficient for the jet
response. In all of the experiments we have performed, there is stronger warming in the tropical
upper troposphere than in any other region in the atmosphere (Figure 2ab; Figure 1f; Supplemental
Figure 1). This warming of the tropical upper troposphere is more pronounced in the JG17 config-
uration as compared to TLS19, even as the jet does not shift poleward in the JG17 configuration.
More generally, configurations with a stronger tropical upper tropospheric warming actually simu-
late a weaker poleward jet shift (Figure 4b). Hence we conclude that warming of the tropical upper
troposphere alone (and by extension any of the subsequent distinct mechanisms that accompany
it) is not of first order importance for explaining the jet shift.

Enhanced tropical upper tropospheric warming leads to a stabilization of the troposphere that is
most pronounced in the deep tropics, but extends into the subtropics and midlatitudes. Previous
work has argued that this stabilization of the subtropics relative to the midlatitudes could help to
reduce eddy generation on the equatorward side of the jet, leading to a net poleward shift of the jet
(Frierson 2008; Shaw 2019). Figure 2cd shows the changes in buoyancy frequency for JG17 and
TLS19; in both there is a stabilization of the subtropical troposphere. This stabilization is more

pronounced in the JG17 configuration, even as its jet does not shift poleward. More generally,
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configurations with a stronger subtropical stabilization actually simulate a weaker poleward jet
shift (Figure 4c), and hence this stabilization of the subtropics is not of first order importance for
explaining the jet shift.

Polar stratospheric cooling in response to increased GHG can also contribute to the poleward
shift (Held 1993; Sigmond et al. 2004; Wu et al. 2012; Ceppi and Shepherd 2019), and we now
consider whether this process is important in explaining the diversity in jet shifts. The polar strato-
sphere cools in response to increased GHG in all configurations (Figure 2ab), however this cooling
is more pronounced in the JG17 configuration and weaker in the TLS19 configuration. Overall,
configurations with a more pronounced polar stratospheric cooling have a weaker poleward jet
shift (Figure 4d), opposite to naive expectations. This is not to deny that polar stratospheric vari-
ability can drive jet shifts on timescales ranging from the subseasonal to centennial (Garfinkel
et al. 2013a, 2023), but rather that this is not important for explaining the diversity of our model’s
circulation response to global warming.

A rising of the tropopause has been linked to a polar jet shift (Lorenz and DeWeaver 2007).
Following the World Meteorological Organization (1957) definition, the tropopause height is es-
timated from temperature data as the lowest pressure level at which the lapse rate decreases to 2
K/km. The black and red pluses on Figure 2ab indicate the tropopause in each configuration, and
the tropopause does indeed rise in our experiments, consistent with theoretical expectations (Held
1993; Vallis et al. 2015). This rising of the tropopause is evident for all configurations, however,
and is of similar magnitude (Figure 2cd). Across all configurations, there is no relationship be-
tween the magnitude of the jet shift and the rising of the tropopause (Figure 4¢). Hence the rising
of the tropopause is also not of first order importance for explaining the differences in the jet shift.

Polar surface warming associated with Arctic amplification can help mitigate the poleward shift,

and in isolation would induce an equatorward shift (Shaw et al. 2016; Cohen et al. 2020). We now
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consider whether this process could help account for the diversity in jet shifts. Arctic amplification
is present in all configurations (Figure 2ab; Figure le) despite the lack of sea-ice, temperature-
dependent albedo, or clouds in our model: Arctic amplification, at least in our model, is primarily
associated with atmospheric moisture transport from the midlatitudes and tropics into the Arctic
(Alexeev et al. 2005; Zhang et al. 2013). We find this to be stronger in the TLS19 configuration
than JG17 (see the fluxes in the subpolar lower troposphere in Figure 5ef). Thus Arctic amplifica-
tion is strongest in the TLS19 configuration (green lines in Figure 1e) and would, in isolation, lead
to a weaker poleward shift, however TLS19 has a stronger poleward shift. A similar result is found
when considering the other configurations: stronger polar amplification is found in configurations
with a stronger jet shift, opposite to naive expectations (Figure 4f). Hence Arctic amplification
cannot be of first order importance for explaining the differences in the jet shift across the config-
urations.

Overall, we conclude that none of the above mechanisms related to the zonal mean temperature
response are of leading order importance for the jet shift in TLS19, as they fail to predict a quali-
tatively different jet shift for this integration compared to JG17. These less relevant mechanisms
include: tropical upper tropospheric warming, stabilization of the subtropics, polar stratospheric

cooling, rising of the tropopause, and Arctic amplification.

b. Is the jet shift determined by synoptic eddy processes: feedback strength? phase speeds? length

scale?

Previous studies have posited that the jet shift is larger for integrations in which synoptic eddy
feedback is stronger. Such a relationship was found to explain the magnitude of the response to
polar stratospheric perturbations in the modeling study of Garfinkel et al. (2013b), in which other

mechanisms were not successful. This possibility is considered in Figure 4g, which contrasts the
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jet shift to the e-folding timescale of the annular model index. Following Garfinkel et al. (2013b)
or Baldwin and Thompson (2009), the annular mode index is the first Principle Component of
850hPa zonally averaged daily zonal wind from 20° to the pole, weighted by cos'/2 of latitude.
The relationship is weak. If anything, configurations with a more persistent first Principle Com-
ponent actually simulate a weaker jet shift. Hence the difference in the poleward shift across the
configurations is not associated with synoptic eddy feedback.

An additional proposed mechanism is that a strengthening of the subtropical jet (and more gen-
erally, of winds in the upper troposphere) leads to a shift towards higher phase speed eddies (Chen
et al. 2008; Lu et al. 2008) and/or to a reduction of the meridional gradient of the absolute vorticity
on the flanks of the jet (Kidston and Vallis 2012; Lorenz 2014), both of which may be expected
to lead to more equatorward wave propagation and a poleward jet shift. First, we note that the
subtropical jet strengthens in all experiments in this paper (Figure 3ab), even JG17 with an equa-
torward jet shift.

We diagnose this effect by computing the latitude-phase speed cospectrum of eddy momentum
flux to characterize the meridional propagation of baroclinic eddies (Randel and Held 1991; Chen
and Held 2007; Chen et al. 2008). The eddy momentum fluxes are first decomposed as a function
of zonal wavenumber and frequency. Next, the co-spectrum is transformed as a function of zonal
wavenumber and angular phase speed. Finally, the momentum flux spectrum at each latitude is
summed over wavenumber, resulting in a spectral density as a function of latitude and angular
phase speed (Figure 6).

In all configurations, as the upper tropospheric jet strengthens, there is a sharper reduction in
slow phase speed eddies than of faster phase speed eddies. This shift towards faster phase speeds
does not, however, lead to a poleward jet shift in all configuration. Rather, for JG17, there is a

dipole with enhanced eddy momentum flux near a phase speed of 20m/s at 30N, and reduced eddy
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momentum flux further poleward, leading to an equatorward shift. In the TLS19 configuration, on
the other hand, there is a poleward shift of the eddy momentum flux for phase speeds exceeding
10m/s. Hence, both experiments with and without a poleward jet shift feature a shift towards faster
phase speeds and a faster subtropical jet. The magnitude of the area-weighted shift of momentum
flux towards faster phase speeds, averaged over all latitudes, is shown on the ordinate of Figure 4.
Across all configurations, a stronger shift towards faster phase speeds is actually associated with a
weaker jet shift, opposite to naive expectations (Figure 41). Hence, the shift towards faster phase
speeds cannot be the leading cause of the poleward jet shift in the TLS19 configuration.

Finally, previous works have argued that increased GHG leads to a shift of eddy length scales to-
wards longer waves (Kidston et al. 2010; Barnes and Hartmann 2011; Riviere 2011; Kidston et al.
2011; Chemke and Ming 2020). As longer scales are more likely to break anticyclonically and/or
on the equatorward flank of the jet (Riviere 2011; Kidston et al. 2011), this could then lead to a
poleward shift. Figure 7 decomposes the changes in eddy heat flux and eddy momentum flux into
its wavenumber components. For both momentum and heat fluxes, there is a shift towards lower
wavenumbers: eddy fluxes decrease for wavenumbers 6 through 8 and increase for wavenumbers
1 through 3. This change, however, is evident for all experiments, including those with and with-
out a poleward shift. Across all configurations, there is little relationship between the magnitude
of the shift towards longer wavelengths and the magnitude of the jet shift (Figure 4h). Hence the

increase in eddy length-scale cannot be a cause of the poleward shift in the TLS19 experiment.

c. Insights from an energetic perspective

Shaw (2019) also consider a number of mechanisms that focus on the energetics of the midlati-
tude circulation. Two of the mechanisms start with the assumption that the poleward flux of moist

static energy is effectively constant in time. Changes in the northward flux of storm track moist
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static energy (MSE) by zonal eddies (L,v'q’ +gV'Z' +C,V'T’ where x’ denotes a deviation from the
zonal average) are shown in Figure 3ef. In all configurations the MSE flux strengthens in the mid-
troposphere in midlatitudes. Changes elsewhere, however, differ across the configurations: only
in the TLS19 configuration is there a north-south dipole in the MSE flux in the mid-troposphere.
Further, the lower tropospheric flux differs qualitatively depending on the use of a shallow convec-
tion scheme. The increased lower tropospheric MSE flux when shallow convection is off is driven
by L,v'q' (Figure 3ef). This likely occurs because as specific humidity increases in both configu-
rations (Figure 2ef), convective precipitation increases only in JG17 but not in TLS19 (Figure 1j);
hence, the resolved MSE flux (and also large-scale precipitation) must increase mainly in TLS19
to balance the increase in energy input and flux away energy (Figure 1k).

These differences in moist static energy are mainly associated with differences in the latent en-
ergy flux rather than dry static energy. Figure S5cd shows the changes in the sensible heat flux
(C,V'T’; the changes in gv'Z’ are negligible); in all experiments the changes are essentially indis-
tinguishable. Sensible heat fluxes weaken in the lower troposphere (with the weakening stronger
in JG17, even as the Arctic amplification is less pronounced than in TLS19), and shift poleward
in the upper troposphere. These changes in the sensible heat flux are overwhelmed in most re-
gions by changes in the latent energy fluxes (Figure 5ef), which differ substantially across the
experiments. Therefore, a mechanism which starts with the assumption that MSE flux is constant
in response to increased GHG is not relevant to our model setup. The total MSE poleward flux
increases substantially in response to increased GHG in all of our configurations.

Indeed, previous work has found that the eddy flux of moist static energy increases in response
to GHG. This increase is due to a stronger gradient in net energy input from the equator to the
pole (Barpanda and Shaw 2017; Shaw et al. 2018; Shaw 2019). We next evaluate whether this

mechanism can account for the changes in storm track intensity that are evident in Figure 3ef.

19



415

416

417

418

419

420

421

422

423

424

425

426

427

428

429

430

431

432

433

434

435

436

437

The pressure weighted integral of the change in net energy input is shown in Figure 8a. Energy
input increases in the tropics and decreases in subpolar latitudes in all experiments. This is driven
mainly by changes in outgoing longwave radiation (not shown). Such a change will be associated
with an overall increase in the flux of moist static energy, assuming energy transport by oceans
does not change, which is explicitly the case in our model. This flux can be driven both by
eddy fluxes and zonal mean fluxes, and indeed both respond to global warming: eddy transport
increases at all latitudes (Figure 8b), and the zonal mean moist static energy flux (v mse where
an overbar denotes the zonal mean) increases outside of the tropics. In the tropics, the Hadley
Cell energy transport weakens in response to increased GHG (Figure 8c), consistent with other
modeling studies, though not with most reanalyses products (Mitas and Clement 2006; Chemke
and Polvani 2019; Zaplotnik et al. 2022), leading to a decrease in moist static energy flux by the
zonal mean in the tropics. However in the subtropics, the moist static energy flux both from the
zonal mean and from the eddies increases, to balance the increase in equator-to-pole gradient of
the energy input. Near the jet latitude and poleward, the relative role of eddy vs. zonal mean terms
in balancing the increase in the equator-to-pole gradient of the energy input differs among the
configurations. It is not clear how to relate this to jet or storm track latitude, however, and these
changes do not readily account for the vertical structure evident in Figure 3. Specifically, moist
static energy fluxes increase in the subtropical lower troposphere, but decrease in the subtropical

upper troposphere in TLS19, a feature not readily explainable by the energetic perspective.

S. Insight into the jet shift by combined energetic and momentum balances

Thus far, our results have been chiefly destructive, ruling out many of the proposed mechanisms
for the jet response. We attempt to be more constructive in this section. Specifically, our approach

is to use the steady-state thermodynamic heat budget (introduced below) to connect the thermody-
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namic response to the dynamical response to increased GHGs. In particular, we link the diabatic
heating and static stability responses to the time-mean and zonal-mean vertical velocity response,

which in turn is linked to the Ferrel Cell and latitude of surface westerlies.

a. Thermodynamic starting points

Our perturbations to the convection scheme have a direct impact on latent heat release both in
the climatology and in response to increased GHG (Figure 9ab; Supplemental Figure 3). The cli-
matological convective heating (black contours) in the subtropics differs in structure between the
configurations: in JG17, convective heating is present throughout the subtropics, but in TLS19
there is a gap in convective heating between the tropics and midlatitudes. The response of convec-
tive heating to increased GHG in the subtropics also differs between these configurations: there is
a reduction in JG17, but no change in TLS19 (as convective heating cannot go negative). Further,
the increase in diabatic heating poleward of the jet between 55° and 75° in the mid- and lower-
troposphere is more pronounced in TLS19 than in JG17. These changes in convective heating
dominate the total diabatic heating associated with moist processes (Figure 9cd).

In contrast to the A convective heating, which differ strongly between JG17 and TLS19, the A
radiative heating and A boundary layer heating are similar between JG17 and TLS19 (Figure 9gh).
There is enhanced radiative cooling to space under increased GHG of roughly similar magnitude,
consistent with the similar AT in all experiments. The sum of all diabatic terms is shown in Figure

9ij, and differences in A diabatic heating are evident in two key regions:

1. In the subtropics, the reduction in diabatic heating is more pronounced in the JG17 configu-
rations as compared to TLS19. This is likely related to the fact that there is more convection
to begin with in the subtropics in the JG17 and hence more to lose, and also to a stronger

stabilization of the subtropics in JG17 with the shallow convection scheme turned on.
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2. Poleward of the climatological jet from 55° to 75°, the increase in diabatic heating is more
pronounced in TLS19 in the mid- and lower-troposphere. That is, the tail that extends down-
ward and poleward from the region of strongest response is stronger for TLS19 (see the
box on Figure 9). Note that large-scale precipitation changes are essentially identical in all
configurations (Figure 1k), and hence this difference in convective diabatic heating is not
pre-determined by the changes in the large-scale dynamics. Rather, it arises because of the
convection parameterization which is more easily triggered at subpolar latitudes in a globally

warmed climate if TLS19 settings are used (Figure 1j).

In addition to these differences in A diabatic heating among the configurations, an additional
thermodynamic starting point of relevance is the static stability for each configuration (Figure
2cd). While there is a stabilization of the troposphere in all configurations, the stabilization is
stronger in the JG17 configuration as the increased prevalence of convection leads to a climato-
logical temperature profile closer to a moist adiabat. As described below, we find that of these
thermodynamic starting points, the second (diabatic heating poleward of the jet core) is appar-
ently the most important for the differences in poleward shift, as it is most tightly linked with the

poleward shift of the upwelling region of the Ferrel Cell.

b. Blending the heat, mass, and momentum budgets

Even though the eddy-driven jet latitude is ultimately determined by eddy momentum fluxes, it
is also linked with the eddy heat flux and diabatic heating. Lachmy and Kaspi (2020) and Lachmy
(2022) found this relationship to be relevant for jet latitude both in reanalysis data and CMIP
output. We first summarize their results before applying them to our simulations. They combine
balances of mass, momentum, and energy, to link the jet latitude to the diabatic heating. The

conservation of mass and momentum ties upwelling and downwelling in the Ferrel cell to the jet
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location: the maximum in surface meridional winds is collocated with the maximum surface west-
erlies, thus allowing for the Coriolis torque on the meridional flow to be balanced by surface drag.
Upwelling on the poleward half of the Ferrel cell (poleward of the surface westerly maximum)
leads to adiabatic cooling, which must be balanced by eddy heat flux convergence and/or diabatic
heating. Conversely, adiabatic warming on the equatorward half of the Ferrel cell must be bal-
anced by eddy heat flux divergence and/or diabatic cooling. Here, we investigate how changes in
the convection scheme influence the role of diabatic heating in balancing the adiabatic tendencies
of the Ferrel Cell.

Our diagnostic tool is the temperature budget. Following equation 1 of Lachmy and Kaspi

(2020) and Lachmy (2022) and using their notation, the budget can be expressed as:

oT _ voT 5(37 Kz>_ 1 8(005¢(W))_<8(W)_K(W))+1

dap p acos ¢ a0 ap p Cp

ey

For a statistically steady state, the temperature is constant in time (% = 0), so the right hand side

of equation 1 must equal zero. This implies that the @ (% — K= ) term in Equation 1, which

represents adiabatic heating due to zonal mean vertical motion, must balance the other terms on
the right-hand side. That is,

<aT f): voT 1 a(cosq)(W))_(a(W) (W)) J

ad acos¢ a¢

—K + = 2
dp p ap p Cp &

The right-hand side of equation 2 is dominated by the eddy heat flux convergence and diabatic
heating, while g is small (see Supplemental figure 4). In the remainder of this section, the
stability term <a— — K+ ) will be denoted by S for simplicity.

We calculate each term in this budget for each integration, and first validate that the budget
indeed closes, both in the climatology and in the response to increased CO», in Figure 10. Figure

10cd show the sum of all the eddy terms, while Figure 10ef shows the sum of the right hand

side of Equation 2, which opposes @S (Figure 10gh). The residual of Equation 2 is shown to be
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generally negligible in Figure 10ij, with truncation and round-off errors relatively small. Each of
the individual terms on the right-hand side of Equation 2 is shown in Supplemental Figure S4.
The link between the Ferrel Cell and the near-surface maximum westerlies is verified in Figure
11ab. The magenta contour in midlatitudes in Figure 11ab (i.e., the climatological Ferrel Cell) is
collocated with the the maximum westerlies in the lower troposphere and near the surface. Figure
11ab also shows that the Ferrel Cell response to increased CO, differs among the integrations, with
a weakening in JG17 and a poleward shift in TLS19. Lower tropospheric meridional winds also
respond differently between JG17 vs. TLS19, with a poleward shift of the maximum southerlies
for TLS19 only (not shown). This difference between JG17 and TLS19 reflects consistency with
the difference in the jet shifts, as the jet shift is ultimately regulated by the Coriolis torque acting

on the surface southerlies of the Ferrel Cell.

c. Applying the heat budget to interpret the difference in jet shift

The balance expressed in Equation 2 holds in both the present day integration and in response
to enhanced CO;. Hence, we can use this balance to interpret the difference in jet shift between
JG17 and TLS19. This framework cannot assess causality; nevertheless, it can clarify which of
the thermodynamic starting points listed in section 5a is most important for balancing the Fer-
rel Cell response, and subsequently the near-surface westerlies response, that differ among the
configurations.

The changes on the right-hand side of equation 2, denoted ARHS,;, are noticeably different
between JG17 and TLS19 (Figure 10ef) both in the subtropics and poleward of the jet core. What
are the implications of this difference in ARHS,,, (or equivalently, A®S) for the Ferrel Cell mass
circulation? To answer this question, we need to separately consider changes in S (similar to

Figure 2cd) and changes in @ (Figure 11cd). Specifically, the changes in ARHS,,, = A(®S) =
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@ 8xS+8x — ®ppSpp can be approximated as A(®S) ~ (@pp + A®)(Spp + AS) — @ppSpp, where
the subscript PD refers to present day. (The approximation arises because we now are neglecting
time variability in @ and S, and instead consider only the product of their time means.) After some

algebra, we find that A(@S) ~ A®Spp + AS®pp + ASA®, which can be rearranged to

B~ A(RHSeqz) — ASCOPD
S8k

3)

Equation 3 links the change in the Ferrel Cell mass circulation to the changes in the sum of the
diabatic heating and dry eddy heat fluxes, and also the static stability. Specifically, if the ARH S,
(and hence A(®S)) and AS are known, then A @ and hence the Ferrel Cell mass circulation can
be deduced. Note that the reconstructed change in @ from Equation 3 is essentially equal to the
actual change in @ (Figure 11cd vs. 11ef; Supplemental Figure S5), and hence the approximations
leading up to Equation 3 are validated.

We now analyze each of the terms in equation 3, to highlight how changes in the RHS,,, vs. in
the static stability balance the total change in @ (Figure 11g-j). In the subtropics, downwelling
weakens in both configurations, but the total adiabatic heating by the downwelling nevertheless
increases (Figure 10gh), especially for JG17. This is due to the static stability response: the
change induced by the AS@pp term (Figure 11gh; the second term on the numerator of equation 3)
overwhelms the ARHS,, term (Figure 11ij). Near the climatological jet latitude, both terms are
important. In contrast, poleward of the jet core, the ARHS,, term is more important than AS@pp,
suggesting that stabilization of the midlatitudes under climate change cannot explain the poleward
shift of the Ferrel Cell (and jet) for TLS19 vs. the equatorward shift in JG17 (in agreement with
Section 4a).

Of particular importance for the Ferrel Cell changes are the changes in @ between 50° and 65°

(Figure 11ef). Increased GHG leads to rising motion at 50° and subsidence at 65° in JG17, but
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the reverse in TLS19. These changes in m reflect a poleward shift of the Ferrel Cell in TLS19
only (Figure 11ab), consistent with the fact that surface westerlies shift poleward only in TLS19
(this last point is confirmed by solving the Kuo-Eliassen equations or examining the near-surface
southerlies of the Ferrel Cell, not shown). At these latitudes, the total A® is dominated by
ARHS,;, and ARHS, differs qualitatively between JG17 and TLS19. The subpolar ARHS,
is dominated by A diabatic heating (Figure 10ab): the increase in diabatic heating between 55°
and 75° is stronger in TLS19 than in JG17. The relatively stronger increase in diabatic heating in
TLS19 is, in turn, dominated by stronger convective heating in this region (Figure 9a-d). Hence,
the stronger increase in midlatitude diabatic heating well-poleward of the jet in TLS19 vs. in JG17
is balanced by changes in the Ferrel Cell that imply a poleward shift in TLS19 only of the surface
westerlies.

This relationship is summarized in Figure 4j, which contrasts the magnitude of the strengthening
in midlatitude diabatic heating poleward of the jet (ordinate) with the jet shift (abscissa); across
all configurations, a stronger increase in diabatic heating is associated with a stronger jet shift,
consistent with the relationship in TLS19 and JG17. The relationship is entirely due to convec-
tive diabatic heating (Figure 4k), while the other diabatic heating terms provide a weak negative
feedback (Figure 41).

In summary, the steady-state thermodynamic budget directly connects the stronger increase in
convective heating well-poleward of the jet in TLS19 as compared to JG17 (Figure 9cd), to the
poleward shift in TLS19. The changes in the subtropics, on the other hand, are comparatively

unimportant.
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6. Discussion and Summary

Climate models project a poleward shift of the zonal mean mid-latitude jet and storm track in
response to increased greenhouse gas (GHG) concentrations. The poleward shift has important
implications for hydroclimate and weather extremes in heavily populated regions. The specific
mechanism(s) causing this shift are poorly understood: several dozen different mechanisms have
been proposed, but there is little understanding of which are important (Shaw 2019). Further,
the magnitude of the shift differs across models (O’Gorman 2010; Kidston and Gerber 2010;
Gerber and Son 2014; Simpson and Polvani 2016; Curtis et al. 2020; Garfinkel et al. 2020a). This
uncertainty in the magnitude dominates the overall uncertainty in future hydroclimate changes
(Elbaum et al. 2022).

Climate models are not run at resolutions that explicitly resolve convection. Rather, convection
is parameterized in order to represent known physical processes that lead to precipitation. These
convection parameterizations are still undergoing updates to better match observations, and the
underlying physical assumptions differ across models (Rio et al. 2019; Bartana et al. 2022; Lin
et al. 2022). The net effect is that across different comprehensive CMIP5/6 models, the relative
fraction of convective vs. large-scale tropical precipitation differs from an even split to essentially
all convective (figure 1 of Chen et al. 2021). Our goal was to change the settings of the convection
scheme of our model so as to cover, if not slightly exaggerate, this range.

In our model, the relative ratio of large-scale to convective tropical precipitation is mainly sensi-
tive to two parameter settings: the relative humidity profile towards which the atmosphere relaxes
to remove convective instability (RHrelax), and whether we use a shallow convection scheme
to redistribute moisture upwards above the boundary layer. When these two settings are chosen

to reduce tropical convection in the model, instead allowing for more large-scale precipitation

27



594

595

596

597

598

599

600

601

602

603

604

605

606

607

608

609

610

611

612

613

614

615

616

617

(following Tan et al. (2019) or TLS19), a robust poleward shift is evident in response to global
warming. When the convection scheme dominates the overall tropical latent heating (following
Jucker and Gerber (2017) or JG17), however, a weak equatorward shift is found instead.

More than 20 distinct mechanisms have been proposed to explain changes in the jet and storm
track in response to increased GHG (Shaw 2019). Most of them, however, are unable to explain
the difference in response to increased GHG between the TLS19 configuration and the JG17 con-
figuration. The “unhelpful” mechanisms include nearly all of the thermodynamic starting points
and pathways thought to explain the poleward shift reviewed by Shaw (2019): tropical upper tro-
pospheric warming, Arctic amplification, rising of the tropopause, stratospheric cooling, a shift
towards longer eddy wavelength, and a shift towards faster eddy phase speeds. This implies that
these mechanisms are not of first-order importance for the jet shift in the TLS19 configuration: if
they were, then the jet should shift poleward in JG17 as well, as they are just as active in JG17.
This supports other recent studies which found tropical upper tropospheric warming is relatively
unimportant (Shaw and Tan 2018; Shaw 2019). The annular mode timescale and climatological
jet position is also similar in all configurations, and thus cannot explain the difference in response.
As clouds are not present in either model configuration, cloud radiative effects cannot explain
the spread in response by construction. While we cannot exclude these effects as being impor-
tant in more realistic modeling configurations, these effects cannot be the only important factor
explaining the poleward shift of the storm track and jet.

So what does explain the poleward shift? There are three thermodynamic starting points that dif-
fer between the JG17 and TLS19 configurations: the stabilization of the tropical and subtropical
troposphere is stronger in JG17 (Figure 2cd), the increase in latent heating in response to increased
GHG between 55° and 75° is stronger in TLS19 (Figure 9), and the decrease in latent heating in

response to increased GHG between 15° and 30° is stronger in JG17 (Figure 9). All three of
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these responses are related directly to the convection parameterization and are not trivially a con-
sequence of the jet shifts. The relative importance of these three thermodynamic starting points for
balancing the jet shift can be elucidated by the steady-state thermodynamic budget. Specifically,
the budget identifies the relatively stronger increase in convective heating well-poleward of the jet
in response to increased GHG evident in TLS19 as compared to JG17 (Figure 9cd), as a crucial
difference associated with the poleward shift in TLS19.

The increase in diabatic heating on the poleward flank of the jet balances the strengthening of
the upwelling branch of the Ferrel cell at these subpolar latitudes, and thus balances the poleward
shift of the entire Ferrel Cell (Figure 11ab). As the latitude of the maximum streamfunction of the
Ferrel Cell must collocate with the latitude of the surface westerlies (drag on the surface westerlies
is balanced by the Coriolis torque associated with the surface southerlies of the Ferrel Cell), this
poleward shift of the Ferrel Cell pushes the jet polewards in TLS19. In contrast, in JG17, the
weak changes in subpolar diabatic heating are fully mitigated by changes in temperature fluxes by
dry eddies. We acknowledge the caveat that this budget argument does not demonstrate causality,
and additional work is needed to demonstrate a causal connection between the subpolar diabatic
heating and the jet shift. Specifically, while the right-hand side of Equation 2 does indeed constrain
the Ferrel Cell latitude, it is not obvious from first principles that the eddy sensible heat flux (which
constitutes part of the the right-hand side of Equation 2) would be less important.

While we find that the response of diabatic heating poleward of the jet core is part of the jet
response, this does not mean that more moisture generally leads to a strong jet response. Figure 12
shows the correlation of the jet response with the specific humidity response across all ten config-
urations as a function of latitude and pressure. Throughout the entire tropics, a stronger increase in
moisture is associated with a weaker jet shift. Similarly, a stronger increase in moisture poleward

of the jet is also associated with a weaker jet shift. Positive correlations (i.e. more moisture leads
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to a stronger shift) are found only in a narrow region equatorward of the climatological jet between
30° and 40° in the boundary layer. Future work should consider the role of moisture in this region
specifically for the subsequent diabatic heating response further poleward.

Changes in jet latitude and in the latitude of the storm track as diagnosed by transient eddy
kinetic energy are tightly coupled (Figure 4a). Other Eulerian measures of the storm track are less
consistent with the jet shift. For example, dry static energy fluxes polewards of the jet decrease in
all configurations (which is dominated by C,V'T" in Figure 5cd), and changes in the moist static
energy flux also differ qualitatively from those in eddy kinetic energy. Nevertheless, our focus is
mainly on the transient eddy kinetic energy which strengthens on the poleward flank of the jet for
TLS19 even as the equator-to-pole temperature gradient weakens at lower levels more strongly in
this integration (Figure 2).

These results have implications for projected subtropical drying. While in all configurations,
precipitation decreases in an absolute sense somewhere within the subtropics (Figure 1g), the
precise latitude and severity of the most-negative precipitation response differs across the con-
figurations: the decrease is further poleward by nearly 10° and more severe in TLS19. Such a
decrease would be of great importance to areas with Mediterranean climates, in which much of
the rain falls from the equatorward edge of the wintertime storm track (Seager et al. 2019). Hence
these simulations capture uncertainty in future precipitation changes in climatologically dry re-
gions mimicking the intermodel spread in CMIP models (e.g. Garfinkel et al. 2020a; Elbaum et al.
2022), suggesting that uncertainty in the convective parameterization could be contributing to
inter-model uncertainty in future subtropical drying.

While the goal of this paper is not to suggest which of the various permutations of
shallow_convection, use_CAPE, and RHrelax is most physically justifiable, there are some

observational constraints of relevance and related implications for CMIP models. Stephens et al.
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(2019) and Chen et al. (2021) find that CMIP5 and CMIP6 models generally suffer from too-easily
triggered convection, as compared to observations, which subsequently leads to too-frequent weak
convective precipitation and not enough intense precipitation. The TLS19 configuration, which
has a stronger poleward shift, appears to perform better in this regard as it has more large-scale
tropical precipitation (which is inherently more intense), though we note that model-world con-
vective and large-scale rain do not correspond directly to real-world convective and stratiform rain.
If the TLS19 configuration is indeed more physical, this would suggest that models with too much
tropical convection (i.e., similar to the JG17 configuration) may underestimate the poleward shift.
Regardless of which configuration is more physical, the ratio of convective to large-scale precipi-
tation that is spanned by our configurations mimics the range spanned by CMIP models, and hence
is likely of relevance for the spread in the jet shift across CMIP models.

Several possible explanations have been offered as to why the magnitude of jet shifts in response
in increased GHG differs across models. These explanations include biases in the climatological
jet latitude (Kidston and Gerber 2010; Simpson and Polvani 2016; Curtis et al. 2020), differences
in the cloud radiative response (Ceppi et al. 2014; Voigt et al. 2019), and differences in the polar
stratospheric response (Simpson et al. 2018; Ceppi and Shepherd 2019). Our results confirm the
recent results of Fuchs et al. (2022) that suggest an additional possibility: differences in the re-
sponse of convection and convective diabatic heating, particularly poleward of the jet. Future work
should attempt to quantify whether this effect is present in CMIP models, and thus could help con-
strain uncertainty in future climate projections, should future CMIPs make available more mean-
ingful information about how convection schemes are implemented in models (cf. the difficulties
in Fuchs et al. 2022, for CMIP6).

There are a few important caveats. There are no clouds in our model, and hence mechanisms

for a poleward shift involving cloud radiative effects are, by construction, missing. Adding clouds
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could lead to differences in the simulated jet and storm track shifts for these identical settings of
the convective parameterization. Similarly, the lack of a dynamic ocean omits the ocean’s ability
to modify jet and storm track shifts. Future work could focus on transient switch-on simulations
in which GHG concentrations are instantaneously increased to better quantify how the changes
in the thermodynamic starting points lead to changes in the jet. Further, stationary waves are not
present in any simulation in this paper, but are known to drive appreciable moist static energy and
momentum fluxes in Earth’s atmosphere (Brayshaw et al. 2009; Sauliere et al. 2012; Barpanda and
Shaw 2017; Garfinkel et al. 2020c) and are affected by latent heating and will change in response
to increased GHG (Wills et al. 2019). Preliminary work shows that if stationary waves (following
White et al. 2020) are added to the JG17 configuration, the jet does shift poleward in response
to increased GHG. Finally, it is not clear why subpolar convective heating should increase more
strongly in response to global warming for the TLS19 configuration, and we cannot completely
rule out that additional aspects of the TLS19 climatology not considered in this paper render it
more sensitive to increased greenhouse gases.

Despite these caveats, our results highlight the key role convection plays in uncertainty in the
circulation response to increased GHG. Our results also demonstrate that many of the mechanisms
that have been proposed to explain the poleward jet shift fail to explain the sensitivity of the
jet shift to the convection parameterization, which casts some doubt on their importance more
generally. Specifically, our results, together with those of Shaw and Tan (2018) and Shaw (2019),
are beginning to form a critical mass of evidence against mechanisms involving tropical upper

tropospheric warming.

Acknowledgments. CIG and BK acknowledge the support of the Israel Science Foundation (grant

agreement 1727/21). CIG and EPG are supported by the US-Israel Binational Science Foundation

32



713

714

715

716

77

718

719

720

721

722

723

724

725

726

727

728

729

730

731

732

733

734

(BSF) grant 2020316. EPG acknowledges support from the US NSF through grant OAC-2004572.
MIJ acknowledges support from the Australian Research Council (ARC) Centre of Excellence for

Climate Extremes (CE170100023).

References

Alexeev, V., P. Langen, and J. Bates, 2005: Polar amplification of surface warming on an aqua-
planet in ghost forcing experiments without sea ice feedbacks. Climate Dynamics, 24 (7), 655—

666.

Baldwin, M. P, D. B. Stephenson, D. W. J. Thompson, T. J. Dunkerton, A. J. Charlton, and
A. O’Neill, 2003: Stratospheric memory and skill of extended-range weather forecasts. Science,

301, doi:10.1126/science.1087143.

Baldwin, M. P.,, and D. W. J. Thompson, 2009: A critical comparison of stratosphere-troposphere

coupling indices. Quart. J. Roy. Meteorol. Soc., 135.

Barnes, E. A., and D. L. Hartmann, 2011: Rossby-wave scales, propagation and the variability of

eddy-driven jets. J. Atmos. Sci., 68, doi:10.1175/JAS-D-11-039.1.

Barnes, E. A., and L. Polvani, 2013: Response of the midlatitude jets, and of their variability,
to increased greenhouse gases in the cmipS models. Journal of Climate, 26 (18), 7117-7135,

doi:10.1175/JCLI-D-12-00536.1.

Barpanda, P., and T. Shaw, 2017: Using the moist static energy budget to understand storm-track

shifts across a range of time scales. Journal of the Atmospheric Sciences, 74 (8), 2427-2446.

Bartana, H., C. 1. Garfinkel, O. Shamir, and J. Rao, 2022: Projected future changes in

equatorial wave spectrum in cmip6. Climate Dynamics, 1-13, URL https://doi.org/10.1007/

s00382-022-06510-y.

33



735

736

737

738

739

740

741

742

743

744

745

746

747

748

749

750

751

752

753

754

755

756

Betts, A., and M. Miller, 1986: A new convective adjustment scheme. part ii: Single column
tests using gate wave, bomex, atex and arctic air-mass data sets. Quarterly Journal of the Royal

Meteorological Society, 112 (473), 693-709, doi:10.1002/qj.49711247308.

Betts, A. K., 1986: A new convective adjustment scheme. part i: Observational and theoretical
basis. Quarterly Journal of the Royal Meteorological Society, 112 (473), 677-691, doi:10.1002/

qj-49711247307.

Brayshaw, D. J., B. Hoskins, and M. Blackburn, 2009: The basic ingredients of the north atlantic
storm track. part i: Land-sea contrast and orography. Journal of the Atmospheric Sciences,

66 (9), 2539-2558.

Butler, A. H., D. W. Thompson, and R. Heikes, 2010: The steady-state atmospheric circulation
response to climate change—like thermal forcings in a simple general circulation model. Journal

of Climate, 23 (13), 3474-3496.

Ceppi, P., and T. G. Shepherd, 2019: The role of the stratospheric polar vortex for the austral jet

response to greenhouse gas forcing. Geophysical Research Letters, 46 (12), 6972—-6979.

Ceppi, P., M. D. Zelinka, and D. L. Hartmann, 2014: The response of the southern hemispheric
eddy-driven jet to future changes in shortwave radiation in cmip5. Geophysical Research Let-

ters, doi:10.1002/2014GL060043.

Chang, E. K., Y. Guo, and X. Xia, 2012: Cmip5 multimodel ensemble projection of storm track

change under global warming. Journal of Geophysical Research: Atmospheres, 117 (D23).

Chemke, R., and Y. Ming, 2020: Large atmospheric waves will get stronger, while small
waves will get weaker by the end of the 21st century. Geophysical Research Letters, 47 (22),

€2020GL090 441.

34



757

758

759

760

761

762

763

764

765

766

767

768

769

770

771

772

773

774

775

776

777

Chemke, R., Y. Ming, and J. Yuval, 2022: The intensification of winter mid-latitude storm tracks

in the southern hemisphere. Nature Climate Change, 1-5.

Chemke, R., and L. M. Polvani, 2019: Opposite tropical circulation trends in climate models and

in reanalyses. Nature Geoscience, 12 (7), 528-532.

Chen, D., A. Dai, and A. Hall, 2021: The convective-to-total precipitation ratio and the driz-
zling bias in climate models. Journal of Geophysical Research: Atmospheres, 126 (16),

€2020JD034 198.

Chen, G., and I. M. Held, 2007: Phase speed spectra and the recent poleward shift of Southern

Hemisphere surface westerlies. Geophys. Res. Lett., 34, L21 805, doi:10.1029/2007GL031200.

Chen, G., J. Lu, and D. M. Frierson, 2008: Phase speed spectra and the latitude of surface wester-

lies: Interannual variability and global warming trend. Journal of Climate, 21 (22), 5942-5959.

Cohen, J., and Coauthors, 2020: Divergent consensuses on arctic amplification influence on mid-

latitude severe winter weather. Nature Climate Change, 10 (1), 20-29.

Curtis, P. E., P. Ceppi, and G. Zappa, 2020: Role of the mean state for the southern hemispheric

jet stream response to co 2 forcing in cmip6 models. Environmental Research Letters.

Elbaum, E., C. I. Garfinkel, O. Adam, E. Morin, D. Rostkier-Edelstein, and U. Dayan, 2022:
Uncertainty in projected changes in precipitation minus evaporation: Dominant role of dynamic

circulation changes and weak role for thermodynamic changes. Geophysical Research Letters,

€2022GL097725.

Fereday, D., R. Chadwick, J. Knight, and A. A. Scaife, 2018: Atmospheric dynamics is the largest

source of uncertainty in future winter european rainfall. Journal of Climate, 31 (3), 963-977.

35



778

779

780

781

782

783

784

785

786

787

788

789

790

791

792

793

794

795

796

797

Frierson, D. M., 2007: The dynamics of idealized convection schemes and their effect on the

zonally averaged tropical circulation. Journal of the atmospheric sciences, 64 (6), 1959—-1976.

Frierson, D. M., 2008: Midlatitude static stability in simple and comprehensive general circulation

models. Journal of the atmospheric sciences, 65 (3), 1049-1062.

Frierson, D. M., I. M. Held, and P. Zurita-Gotor, 2006: A gray-radiation aquaplanet moist gcm.
part i: Static stability and eddy scale. Journal of the atmospheric sciences, 63 (10), 25482566,

doi:10.1175/JAS3753.1.

Frierson, D. M., I. M. Held, and P. Zurita-Gotor, 2007: A gray-radiation aquaplanet moist gcm.
part ii: Energy transports in altered climates. Journal of the atmospheric sciences, 64 (5), 1680-

1693, doi:10.1175/JAS3913.1.

Fuchs, D., S. C. Sherwood, D. Waugh, V. Dixit, M. H. England, Y.-L. Hwong, and O. Geof-
froy, 2022: Midlatitude jet position spread linked to atmospheric convective types. Journal of

Climate, 1-44.

Garfinkel, C., D. W. Waugh, and E. Gerber, 2013a: Effect of tropospheric jet latitude on coupling
between the stratospheric polar vortex and the troposphere. J. Clim., 26 (6), 2077-2095, doi:

10.1175/JCLI-D-12-00301.1.

Garfinkel, C. I., O. Adam, E. Morin, Y. Enzel, E. Elbaum, M. Bartov, D. Rostkier-Edelstein, and
U. Dayan, 2020a: The role of zonally averaged climate change in contributing to intermodel

spread in cmip5 predicted local precipitation changes. Journal of Climate, 33 (3), 1141-1154,

doi:10.1175/JCLI-D-19-0232.1.

36



798

799

800

801

802

803

804

805

806

807

808

809

810

811

812

813

814

815

816

817

*

8

Garfinkel, C. 1., D. W. Waugh, and E. P. Gerber, 2013b: The effect of tropospheric jet latitude on
coupling between the stratospheric polar vortex and the troposphere. Journal of Climate, 26 (6),

doi:10.1175/JCLI-D-12-00301.1.

Garfinkel, C. 1., I. White, E. P. Gerber, and M. Jucker, 2020b: The impact of sst biases in the
tropical east pacific and agulhas current region on atmospheric stationary waves in the southern

hemisphere. Journal of Climate, 33 (21), 9351-9374.

Garfinkel, C. L., I. White, E. P. Gerber, S.-W. Son, and M. Jucker, 2023: Stationary waves weaken
and delay the near-surface response to stratospheric ozone depletion. Journal of Climate, 36 (2),
565 — 583, doi:10.1175/JCLI-D-21-0874.1, URL https://journals.ametsoc.org/view/journals/

clim/36/2/JCLI-D-21-0874.1.xml.

Garfinkel, C. L., I. P. White, E. P. Gerber, and M. Jucker, 2020c: The building blocks of
northern hemisphere wintertime stationary waves. Journal of Climate, 33 (13), doi:10.1175/

JCLI-D-19-0181.1.

Gerber, E. P, L. M. Polvani, and D. Ancukiewicz, 2008: Annular mode time scales in the Inter-
governmental Panel on Climate Change Fourth Assessment Report models. Geophys. Res. Lett.,

35, L22707, doi:10.1029/2008GL035712.

Gerber, E. P, and S.-W. Son, 2014: Quantifying the summertime response of the austral jet stream
and hadley cell to stratospheric ozone and greenhouse gases. Journal of Climate, 27, doi:10.

1175/JCLI-D-13-00539.1.

Giorgi, F., and P. Lionello, 2008: Climate change projections for the mediterranean region. Global

and planetary change, 63 (2-3), 90-104.

37



819

820

821

822

823

824

825

826

827

828

829

830

831

832

833

834

835

836

837

838

839

Hall, N. M., B. J. Hoskins, P. J. Valdes, and C. A. Senior, 1994: Storm tracks in a high-resolution
gcm with doubled carbon dioxide. Quarterly Journal of the Royal Meteorological Society,

120 (519), 1209-1230.

Harvey, B., P. Cook, L. Shaffrey, and R. Schiemann, 2020: The response of the northern hemi-
sphere storm tracks and jet streams to climate change in the cmip3, cmip5, and cmip6 climate

models. Journal of Geophysical Research: Atmospheres, 125 (23), €2020JD032 701.

Held, I. M., 1993: Large-scale dynamics and global warming. Bulletin of the American Meteoro-

logical Society, 74 (2), 228-242.

Held, I. M., and B. J. Soden, 2006: Robust responses of the hydrological cycle to global warming.

Journal of climate, 19 (21), 5686-5699.

Iacono, M. J., E. J. Mlawer, S. A. Clough, and J.-J. Morcrette, 2000: Impact of an improved
longwave radiation model, rrtm, on the energy budget and thermodynamic properties of the ncar

community climate model, ccm3. Journal of Geophysical Research: Atmospheres, 105 (D11),

14 873-14 890.

Jucker, M., and E. Gerber, 2017: Untangling the annual cycle of the tropical tropopause layer with

an idealized moist model. Journal of Climate, 30 (18), 7339-7358.

Kelley, C., M. Ting, R. Seager, and Y. Kushnir, 2012: Mediterranean precipitation climatology,

seasonal cycle, and trend as simulated by cmip5. Geophysical Research Letters, 39 (21).

Kidston, J., S. M. Dean, J. A. Renwick, and G. K. Vallis, 2010: A robust increase in the eddy
length scale in the simulation of future climates. Geophys. Res. Lett., 37, .03 806, doi:10.1029/

2009GLO41615.

38



840

841

842

843

844

845

846

847

848

849

850

851

852

853

854

855

856

857

858

859

860

861

Kidston, J., and E. P. Gerber, 2010: Intermodel variability of the poleward shift of the austral jet
stream in the CMIP3 integrations linked to biases in 20th century climatology. Geophys. Res.

Lett., 37, L09 708, doi:10.1029/2010GL042873.

Kidston, J., and G. K. Vallis, 2012: The relationship between the speed and the latitude of an

eddy-driven jet in a stirred barotropic model. J. Atmos. Sci., 69, doi:10.1175/JAS-D-11-0300.1.

Kidston, J., G. K. Vallis, S. M. Dean, and J. A. Renwick, 2011: Can the Increase in the Eddy
Length Scale under Global Warming Cause the Poleward Shift of the Jet Streams? Journal of

Climate, 24, 3764-3780, doi:10.1175/2010JCLI3738.1.

Lachmy, O., 2022: The relation between the latitudinal shifts of midlatitude diabatic heating,
eddy heat flux, and the eddy-driven jet in cmip6 models. Journal of Geophysical Research:

Atmospheres, 127 (16), €2022JD036 556.

Lachmy, O., and Y. Kaspi, 2020: The role of diabatic heating in ferrel cell dynamics. Geophysical

Research Letters, 47 (23), €2020GL090619.

Lin, J., and Coauthors, 2022: Atmospheric convection. Atmosphere-Ocean, 60 (3-4), 422-476.

Lorenz, D. J., 2014: Understanding midlatitude jet variability and change using rossby wave chro-
matography: Poleward-shifted jets in response to external forcing. Journal of the Atmospheric

Sciences, 71 (7), 2370-2389, doi:10.1175/JAS-D-13-0200.1.

Lorenz, D. J., and E. T. DeWeaver, 2007: Tropopause height and zonal wind response to global
warming in the IPCC scenario integrations. Journal of Geophysical Research (Atmospheres),

112 (D11), 10 119—+, doi:10.1029/2006JD008087.

Lu, J., G. Chen, and D. M. Frierson, 2008: Response of the zonal mean atmospheric circulation to

el nifio versus global warming. Journal of Climate, 21 (22), 5835-5851.

39



862

863

864

865

866

867

868

869

870

871

872

873

874

875

876

877

878

879

880

881

882

McKenna, C. M., and A. Maycock, 2021: Sources of uncertainty in multimodel large ensem-
ble projections of the winter north atlantic oscillation. Geophysical Research Letters, 48 (14),

€2021GL093 258.

Merlis, T. M., T. Schneider, S. Bordoni, and I. Eisenman, 2013: Hadley circulation response to

orbital precession. part ii: Subtropical continent. Journal of Climate, 26 (3), 754-771.

Mindlin, J., T. G. Shepherd, C. S. Vera, M. Osman, G. Zappa, R. W. Lee, and K. I. Hodges, 2020:
Storyline description of southern hemisphere midlatitude circulation and precipitation response

to greenhouse gas forcing. Climate Dynamics, 54 (9), 4399—4421.

Mitas, C. M., and A. Clement, 2006: Recent behavior of the hadley cell and tropical thermody-

namics in climate models and reanalyses. Geophysical Research Letters, 33 (1).

Mlawer, E. J., S. J. Taubman, P. D. Brown, M. J. lacono, and S. A. Clough, 1997: Radiative trans-
fer for inhomogeneous atmospheres: Rrtm, a validated correlated-k model for the longwave.

Journal of Geophysical Research: Atmospheres, 102 (D14), 16 663—16 682.

O’Gorman, P. A., 2010: Understanding the varied response of the extratropical storm tracks to

climate change. Proceedings of the National Academy of Sciences, 107 (45), 19 17619 180.

Polade, S. D., A. Gershunov, D. R. Cayan, M. D. Dettinger, and D. W. Pierce, 2017: Precipi-
tation in a warming world: Assessing projected hydro-climate changes in california and other

mediterranean climate regions. Scientific reports, 7 (1), 1-10.

Randel, W. J., and I. M. Held, 1991: Phase Speed Spectra of Transient Eddy Fluxes and
Critical Layer Absorption. Journal of Atmospheric Sciences, 48, 688—697, doi:10.1175/

1520-0469(1991)048(0688:PSSOTE)2.0.CO;2.

40



883

884

885

886

887

888

889

890

891

892

893

894

895

896

897

898

899

900

901

902

903

Rio, C., A. D. Del Genio, and F. Hourdin, 2019: Ongoing breakthroughs in convective parameter-

ization. Current Climate Change Reports, 5 (2), 95-111.

Riviere, G., 2011: A Dynamical Interpretation of the Poleward Shift of the Jet Streams in
Global Warming Scenarios. Journal of Atmospheric Sciences, 68, 1253—1272, doi:10.1175/

2011JAS3641.1.

Sauliere, J., D. J. Brayshaw, B. Hoskins, and M. Blackburn, 2012: Further investigation of the
impact of idealized continents and sst distributions on the northern hemisphere storm tracks.

Journal of the Atmospheric Sciences, 69 (3), 840-856.

Seager, R., T. J. Osborn, Y. Kushnir, I. R. Simpson, J. Nakamura, and H. Liu, 2019: Cli-
mate variability and change of mediterranean-type climates. Journal of Climate, 32 (10), 2887
— 2915, doi:10.1175/JCLI-D-18-0472.1, URL https://journals.ametsoc.org/view/journals/clim/

32/10/jcli-d-18-0472.1.xml.

Shaw, T., and Coauthors, 2016: Storm track processes and the opposing influences of climate

change. Nature Geoscience, 9 (9), 656.

Shaw, T. A., 2019: Mechanisms of future predicted changes in the zonal mean mid-latitude circu-

lation. Current Climate Change Reports, 5 (4), 345-357.

Shaw, T. A., P. Barpanda, and A. Donohoe, 2018: A moist static energy framework for zonal-mean

storm-track intensity. Journal of the Atmospheric Sciences, 75 (6), 1979-1994.

Shaw, T. A., and Z. Tan, 2018: Testing latitudinally dependent explanations of the circulation
response to increased co2 using aquaplanet models. Geophysical Research Letters, 45 (18),

9861-9869.

41



904

905

906

907

908

909

910

911

912

913

914

915

916

917

918

919

920

921

922

923

924

Sigmond, M., P. Siegmund, E. Manzini, and H. Kelder, 2004: A simulation of the separate climate
effects of middle-atmospheric and tropospheric co2 doubling. Journal of climate, 17 (12), 2352—

2367.

Simpson, I. R., P. Hitchcock, R. Seager, Y. Wu, and P. Callaghan, 2018: The downward in-
fluence of uncertainty in the northern hemisphere stratospheric polar vortex response to cli-
mate change. Journal of Climate, 31 (16), 6371 — 6391, doi:10.1175/JCLI-D-18-0041.1, URL

https://journals.ametsoc.org/view/journals/clim/31/16/jcli-d-18-0041.1.xml.

Simpson, I. R., and L. M. Polvani, 2016: Revisiting the relationship between jet position, forced
response, and annular mode variability in the southern midlatitudes. Geophysical Research Let-

ters, 43 (6), 2896-2903.

Simpson, I. R., T. A. Shaw, and R. Seager, 2014: A diagnosis of the seasonally and longitudi-
nally varying midlatitude circulation response to global warming. Journal of the Atmospheric

Sciences, 71 (7), 2489-2515.

Stephens, B. A., C. S. Jackson, and B. M. Wagman, 2019: Effect of tropical nonconvective con-
densation on uncertainty in modeled projections of rainfall. Journal of Climate, 32 (19), 6571—

6588.

Swart, N., and J. Fyfe, 2012: Observed and simulated changes in the southern hemisphere surface

westerly wind-stress. Geophysical Research Letters, 39 (16), doi:10.1029/2012GL052810.

Tan, Z., O. Lachmy, and T. A. Shaw, 2019: The sensitivity of the jet stream response to climate
change to radiative assumptions. Journal of Advances in Modeling Earth Systems, 11 (4), 934—

956.

42



925

926

927

928

929

930

931

932

933

934

935

936

937

938

939

940

941

942

943

944

Tuel, A., and E. A. Eltahir, 2020: Why is the mediterranean a climate change hot spot? Journal of

Climate, 33 (14), 5829-5843.

Vallis, G. K., P. Zurita-Gotor, C. Cairns, and J. Kidston, 2015: Response of the large-scale structure
of the atmosphere to global warming. Quarterly Journal of the Royal Meteorological Society,

141 (690), 1479-1501.

Voigt, A., N. Albern, and G. Papavasileiou, 2019: The atmospheric pathway of the cloud-radiative
impact on the circulation response to global warming: Important and uncertain. Journal of

Climate, 32 (10), 3051-3067.

White, 1. P, C. I. Garfinkel, E. P. Gerber, M. Jucker, P. Hitchcock, and J. Rao, 2020: The generic
nature of the tropospheric response to sudden stratospheric warmings. Journal of Climate,

33 (13), 5589-5610, doi:10.1175/JCLI-D-19-0697.1.

Wills, R. C., R. H. White, and X. J. Levine, 2019: Northern hemisphere stationary waves in a

changing climate. Current climate change reports, 5 (4), 372-389.

Wu, Y., R. Seager, M. Ting, N. Naik, and T. A. Shaw, 2012: Atmospheric circulation response to
an instantaneous doubling of carbon dioxide. part i: Model experiments and transient thermal

response in the troposphere. Journal of climate, 25 (8), 2862—-2879.

Yin, J. H., 2005: A consistent poleward shift of the storm tracks in simulations of 21st century

climate. Geophysical Research Letters, 32 (18).

Zaplotnik, Z., M. Pikovnik, and L. Boljka, 2022: Recent hadley circulation strengthening: a trend

or multidecadal variability? Journal of Climate, 35 (13), 4157-4176.

43



ws Zappa, G., B. J. Hoskins, and T. G. Shepherd, 2015: The dependence of wintertime mediter-

046 ranean precipitation on the atmospheric circulation response to climate change. Environmental

047 Research Letters, 10 (10), 104 012.

ws Zappa, G., and T. G. Shepherd, 2017: Storylines of atmospheric circulation change for european

ws  regional climate impact assessment. Journal of Climate, 30 (16), 6561-6577.

w0 Zhang, X.,J. He, J. Zhang, 1. Polyakov, R. Gerdes, J. Inoue, and P. Wu, 2013: Enhanced poleward
o1 moisture transport and amplified northern high-latitude wetting trend. Nature Climate Change,

e 3(1),47-51.

44



953

954

955

956

957

LIST OF TABLES

Table 1.

MiMA configurations used in this paper. Results from the halfway, JG17 (0.6),
and TLS19 (0.85) configurations are shown in limited figures only for visual
clarity and brevity, but are included in select figures. All experiments were run
for 36 years following at least 25 years of spinup.

45

. 46



958 TABLE 1. MiMA configurations used in this paper. Results from the halfway, JG17 (0.6), and TLS19 (0.85)
w9 configurations are shown in limited figures only for visual clarity and brevity, but are included in select figures.

swo All experiments were run for 36 years following at least 25 years of spinup.

Table: MiMA Model experiments

RHrelax | use_CAPE | shallow_convection | CO; values
JG17 (0.6) | 0.6 off on 1500ppmyv
JG17 | 0.7 off on 1360ppmv
halfway (0.8 off on) | 0.8 off on 1300ppmv
halfway (0.7 on off) | 0.7 on off 1560ppmv
halfway (0.7 on on) | 0.7 on on 1365ppmv
halfway (0.8 off off) | 0.8 off off 1950ppmv
halfway (0.7 off off) | 0.7 off off 1560ppmyv
halfway (0.8 on on) | 0.8 on on 1070ppmyv
TLS19 | 0.8 on off 1950ppmyv
TLS19 (0.85) | 0.85 on off 2040ppmv
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Fig. 1.

Fig. 2.

Fig. 3.

Fig. 4.

(left) Climatology in the present-day simulation for each configuration of (a) precipitation;
(b) temperature at 970hPa; (c) equator-to-pole temperature difference as a function of level;
(d) specific humidity at the equator and at 50°. (middle) The response to ~8K warming
of (e) lower tropospheric temperature; (f) upper tropospheric temperature; (g) precipitation;
(h) lower tropospheric zonal mean wind; (i) precipitation minus evaporation; (j) convection
precipitation; (k) large-scale precipitation. Select halfway simulations are included as well
to focus on the relative importance of shallow convection and RHrelax, while others are
excluded for visual clarity.

Difference in latitude vs pressure (a-b) temperature, (c-d) buoyancy frequency, and (e-f)
specific humidity between a 1xCO2 integration and a ~8K warming integration for the
different aquaplanet configurations. Stars denote the climatological jet latitude. Black and
red pluses denote the tropopause using the WMO -2K/km definition for the present day and
increased GHG simulations respectively.

Difference in latitude vs pressure (a-b) zonal mean zonal wind, (c-d) transient (2-8 day band-
passed) eddy kinetic energy, and (e-f) poleward flux of moist static energy v'mse’ between
a 1xCO2 integration and a ~8K warming integration (color contours), and the climatolog-
ical profile in the 1xCO?2 run (gray, black and magenta lines), for the different aquaplanet
configurations. For the top row, gray lines indicate the climatological profile in the 1xCO2
run with a contour interval of 10m/s and the zero-line is thick, and the ==1m/s contours of
the response to increased GHG are indicated with thin red and blue lines. The climatologi-
cal jet latitude is indicated with stars. For the middle row, black and red pluses denote the
tropopause using the WMO -2K/km definition for the present day and increased GHG simu-
lations respectively, and the contours for the black and magenta lines are shown at =30 and
+90m?s—2. The +2m?s~2 contours of the response to increased GHG are indicated with
thin red and blue lines. For the bottom row, the contours for the black lines are at 26000
and £18000J/kg m/s.

Comparison of the jet shift at 970hPa in all 10 configuration listed in Table 1 (abscissa)
to (a) AEKE at 600hPa at 55° minus that at 30°; (b) tropical upper tropospheric warming,
defined as the temperature change at 230hPa from 5S to 5N; (c) subtropical static stability,
defined as the change in the Brunt-Vaisalla frequency at 321hPa from 25° to 35°; (d) polar
stratospheric cooling, defined as the temperature change at 112hPa from 60° to the pole;
(e) rising of the tropopause from 45° to 55°, computed by fitting the temperature profile
for the gridpoints on either side of the -2K/km threshold to a linear fit with 300 gridpoints,
and finding the pressure at which the -2K/km threshold is crossed; (f) polar amplification,
defined as the temperature change at 970hPa from 80° to the pole minus that from 5S to
5N; (g) synoptic eddy feedback, defined as the e-folding timescale of the first principle
component timeseries computed following the methodology of Baldwin et al. (2003) and
Gerber et al. (2008); (h) shift towards longer wavelengths, defined as the difference in v’ T’
at 700hPa between wavenumber 1 and wavenumbers 5-7 from 35° to 55°; (i) shift towards
faster phase speeds, defined as the difference in u’v’ at 272hPa between phase speeds of
20-30m/s vs. 3-10m/s after area-weighting from the equator to the pole; (j) diabatic heating
poleward of the jet, defined as the sum of all diabatic heating contributions (latent, radiative,
and boundary layer) averaged from 600hPa to 700hPa and 55° to 75° (see the rectangle on
Figure 9); (k) as in (j) but for the convective heating only; (1) as in (j) but for the large-scale,
radiative, and boundary layer heating only (total minus convective). The TLS19 and JG17
configurations are indicated with red and blue stars, and all others with x-es.
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Fig. 5.

Fig. 6.

Fig. 7.

Fig. 8.

Fig. 9.

Fig. 10.

Fig. 11.

Difference in latitude vs pressure (a-b) u’v’, (c-d) C,v'T’, and (e-f) L,v'q’ eddy fluxes be-
tween a 1xCO?2 integration and a ~8K warming integration (color contours), and the clima-
tological profile in the 1xCO2 run (gray, black and magenta lines), for the different aqua-
planet configurations. Triangles denote the maximum in the present day simulation for each
configuration and panel. For the top row, the contours for the black and magenta lines are
at +6,424 and +48m>s~2, and the zero line is gray. For the middle and bottom row, the
contours for the black and magenta lines are at 2000, £8000 and 16000/ /kgm/s and
the zero line is gray. L e e .

Eddy momentum flux decomposed by phase speed for the two aquaplanet configurations
and two of the halfway configurations in (top) 1x run; (bottom) difference between a 1xCO2
integration and a ~8K warming integration. Black lines indicate the (top) climatological jet

in the 1XxCO2 run (bottom) difference in jet response, with both divided by cosine of latitude.

Difference in eddy heat and momentum fluxes between a 1xCO?2 integration and a ~8K
warming integration for the aquaplanet configurations decomposed by zonal wavenumber
for (left) u’v’ at 272hPa, (middle) v’ T at 272hPa, and (right) v’T” at 700hPa. Black contours
indicate the climatological profile in the 1xCO2 run, and are shown at 4 and 7.2 m?s 2k~ for
the left column, 0.5 and 0.9 Kms~ 'k~ for the middle column, and 0.5 and 1.575 Kms k™!
for the right column. .

Latitudinal structure of the difference between a 1xCO2 integration and a ~8K warming
integration of the (a) energy input and (b-c) energy transport by eddies and zonal mean
circulation, for the different aquaplanet configurations.

Difference in latitude vs pressure diabatic heating rates between a 1xCO?2 integration and
a ~8K warming integration (color contours), and the climatological profile in the 1xCO2
run (black and magenta lines), for the different aquaplanet configurations. (a-b) convective
latent heat release; (c-d) total latent heat release by convection and large scale precipitation;
(e-f) radiative heating (both shortwave and longwave); (g-h) boundary layer heating; (ij)
sum of latent, radiative, and boundary layer heatings (rows two through four). Stars denote
the climatological jet latitude, and a rectangle encloses the region focused upon in Section
5 and Figure 4jkl. The contours for the black and magenta lines are at 0.3,4-1.2 and £2.4
K/day, and the zero line is gray. . Ce e

Difference in latitude vs pressure of terms in the thermodynamic budget (Equation 2) be-
tween a 1xCO?2 integration and a ~8K warming integration (color contours), and the clima-
tological profile in the 1xCO?2 run (gray, black and magenta lines), for the different aqua-
planet configurations. (a-b) diabatic heating (repeated from Figure 9); (c-d) eddy terms; (e-f)

sum of the diabatic heating term, eddy term, and g % (g-h) Ferrel Cell term @ (3—T — K )

(ij) residual of Equation 2. Stars denote the climatological jet latitude, and a rectangle en-
closes the region focused upon in Section 5 and Figure 4jkl. The contours for the black
and magenta lines for the top two rows are at +0.3,£1.2 and £2.4 K/day, and the zero
line is gray. For the bottom three rows, the contours for the black and magenta lines are at
+0.08,+0.32 and +0.64K /day, and the zero line is gray.

Difference in latitude vs pressure of terms related to the Eulerian streamfunction between a
1xCO2 integration and a ~8K warming integration (color contours), and the climatological
profile in the 1xCO2 run (gray, black and magenta lines), for the different aquaplanet con-
figurations. (a-b) Eulerian mass streamfunction (computed by integrating v = m%—‘;;
see equation 3 of Lachmy and Kaspi (2020)); (c-d) @ as simulated in the model; (e-f) re-
constructed @ using Equation 3; (g-h) Second term on the right-hand side of equation 3
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1060

Fig. 12.

(—7&%;1’(”0); (i-j) First term on the right-hand side of equation 3 (%). Stars denote the

climatological jet latitude, and a rectangle encloses the region focused upon in Section 5
and Figure 4jkl. The black and magenta lines for panels c-d are repeated for subsequent

rows. The contours for the black and magenta lines in (a-b) are shown at £6 - 10%,+£2.4-
1019, +4.8-10'°, 9.6 - 10'%kg/s, and for (c-j) at +-0.0018, +0.0072,40.0144Pa/s.

Correlation across all 10 configurations between the 970hPa jet shift and A specific humidity
as a function of latitude and pressure.
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F1G. 1. (left) Climatology in the present-day simulation for each configuration of (a) precipitation; (b) tem-
perature at 970hPa; (c) equator-to-pole temperature difference as a function of level; (d) specific humidity at
the equator and at 50°. (middle) The response to ~8K warming of (e) lower tropospheric temperature; (f) up-
per tropospheric temperature; (g) precipitation; (h) lower tropospheric zonal mean wind; (i) precipitation minus
evaporation; (j) convection precipitation; (k) large-scale precipitation. Select halfway simulations are included
as well to focus on the relative importance of shallow convection and RHrelax, while others are excluded for

visual clarity.
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Temperature [K] annual
(a) JG17 (RH=0.7; use cape off; shallow on)

(b) TLS19 (RH=0.8; use cape on, shallow off)
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1068 F1G. 2. Difference in latitude vs pressure (a-b) temperature, (c-d) buoyancy frequency, and (e-f) specific hu-

e midity between a 1xCO?2 integration and a ~8K warming integration for the different aquaplanet configurations.

1070

Stars denote the climatological jet latitude. Black and red pluses denote the tropopause using the WMO -2K/km

1071

definition for the present day and increased GHG simulations respectively.
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F1G. 3. Difference in latitude vs pressure (a-b) zonal mean zonal wind, (c-d) transient (2-8 day bandpassed)
eddy kinetic energy, and (e-f) poleward flux of moist static energy v'mse' between a 1xCO2 integration and
a ~8K warming integration (color contours), and the climatological profile in the 1xCO2 run (gray, black and
magenta lines), for the different aquaplanet configurations. For the top row, gray lines indicate the climatological
profile in the 1xCO2 run with a contour interval of 10m/s and the zero-line is thick, and the +1m/s contours
of the response to increased GHG are indicated with thin red and blue lines. The climatological jet latitude is
indicated with stars. For the middle row, black and red pluses denote the tropopause using the WMO -2K/km
definition for the present day and increased GHG simulations respectively, and the contours for the black and
magenta lines are shown at 30 and +90m?s~2. The +2m>s~> contours of the response to increased GHG are
indicated with thin red and blue lines. For the bottom row, the contours for the black lines are at 26000 and

£18000J/kg m/s.
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FIG. 4. Comparison of the jet shift at 970hPa in all 10 configuration listed in Table 1 (abscissa) to (a) AEKE
at 600hPa at 55° minus that at 30°; (b) tropical upper tropospheric warming, defined as the temperature change
at 230hPa from 5S to 5N; (c) subtropical static stability, defined as the change in the Brunt-Vaisalla frequency
at 321hPa from 25° to 35°; (d) polar stratospheric cooling, defined as the temperature change at 112hPa from
60° to the pole; (e) rising of the tropopause from 45° to 55°, computed by fitting the temperature profile for the
gridpoints on either side of the -2K/km threshold to a linear fit with 300 gridpoints, and finding the pressure
at which the -2K/km threshold is crossed; (f) polar amplification, defined as the temperature change at 970hPa
from 80° to the pole minus that from 5S to SN; (g) synoptic eddy feedback, defined as the e-folding timescale
of the first principle component timeseries computed following the methodology of Baldwin et al. (2003) and
Gerber et al. (2008); (h) shift towards longer wavelengths, defined as the difference in v’'T” at 700hPa between
wavenumber 1 and wavenumbers 5-7 from 35° to 55°; (i) shift towards faster phase speeds, defined as the
difference in u’v’ at 272hPa between phase speeds of 20-30m/s vs. 3-10m/s after area-weighting from the equator
to the pole; (j) diabatic heating poleward of the jet, defined as the sum of all diabatic heating contributions (latent,
radiative, and boundary layer) averaged from 600hPa to 700hPa and 55° to 75° (see the rectangle on Figure 9);
(k) as in (j) but for the convective heating only; (1) as in (j) but for the large-scale, radiative, and boundary layer
heating only (total minus convective). The TLS19 and JG17 configurations are indicated with red and blue stars,

and all others with x-es.
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FIG. 5. Difference in latitude vs pressure (a-b) u’v’, (c-d) C,v'T’, and (e-f) L,v'q’ eddy fluxes between a
1xCO2 integration and a ~8K warming integration (color contours), and the climatological profile in the 1xCO2
run (gray, black and magenta lines), for the different aquaplanet configurations. Triangles denote the maximum
in the present day simulation for each configuration and panel. For the top row, the contours for the black and
magenta lines are at 6,424 and +48m?s~2, and the zero line is gray. For the middle and bottom row, the

contours for the black and magenta lines are at 2000, £8000 and +16000J /kgm /s, and the zero line is gray.
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F1G. 6. Eddy momentum flux decomposed by phase speed for the two aquaplanet configurations and two

1106
1oz of the halfway configurations in (top) 1x run; (bottom) difference between a 1xCO2 integration and a ~8K
108 warming integration. Black lines indicate the (top) climatological jet in the 1XxCO2 run (bottom) difference in

1oe  jet response, with both divided by cosine of latitude.
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1110 F1G. 7. Difference in eddy heat and momentum fluxes between a 1xCO2 integration and a ~8K warming in-
w11 tegration for the aquaplanet configurations decomposed by zonal wavenumber for (left) u’v’ at 272hPa, (middle)
wie  v'T at 272hPa, and (right) v’'T” at 700hPa. Black contours indicate the climatological profile in the 1xCO2 run,
s and are shown at 4 and 7.2 m2s—2k—! for the left column, 0.5 and 0.9 Kms—'k~! for the middle column, and 0.5

s and 1.575 Kms~'k~! for the right column. .
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F1G. 9. Difference in latitude vs pressure diabatic heating rates between a 1xCO?2 integration and a ~8K
warming integration (color contours), and the climatological profile in the 1XCO2 run (black and magenta lines),
for the different aquaplanet configurations. (a-b) convective latent heat release; (c-d) total latent heat release by
convection and large scale precipitation; (e-f) radiative heating (both shortwave and longwave); (g-h) boundary
layer heating; (ij) sum of latent, radiative, and boundary layer heatings (rows two through four). Stars denote the
climatological jet latitude, and a rectangle encloses the region focused upon in Section 5 and Figure 4jkl. The

contours for the black and magenta lines are at +0.3,41.2 and £2.4 K/day, and the zero line is gray.
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F1G. 10. Difference in latitude vs pressure of terms in the thermodynamic budget (Equation 2) between a
1xCO2 integration and a ~8K warming integration (color contours), and the climatological profile in the 1xCO2
run (gray, black and magenta lines), for the different aquaplanet configurations. (a-b) diabatic heating (repeated
from Figure 9); (c-d) eddy terms; (e-f) sum of the diabatic heating term, eddy term, and g%; (g-h) Ferrel Cell
term @ ( g — K‘%); (ij) residual of Equation 2. Stars denote the climatological jet latitude, and a rectangle
encloses the region focused upon in Section 5 and Figure 4jkl. The contours for the black and magenta lines for

the top two rows are at +0.3,4+1.2 and +2.4 K/day, and the zero line is gray. For the bottom three rows, the

contours for the black and magenta lines are at +0.08, +0.32 and +0.64K /day, and the zero line is gray.
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F1G. 11. Difference in latitude vs pressure of terms related to the Eulerian streamfunction between a 1xCO2
integration and a ~8K warming integration (color contours), and the climatological profile in the 1xCO2 run
(gray, black and magenta lines), for the different aquaplanet configurations. (a-b) Eulerian mass streamfunction
(computed by integrating v = m‘m%—\g; see equation 3 of Lachmy and Kaspi (2020)); (c-d) w as simulated
in the model; (e-f) reconstructed @ using Equation 3; (g-h) Second term on the right-hand side of equation 3
(—ASALS%); (i-j) First term on the right-hand side of equation 3 (%). Stars denote the climatological jet
latitude, and a rectangle encloses the region focused upon in Section 5 and Figure 4jkl. The black and magenta

lines for panels c-d are repeated for subsequent rows. The contours for the black and magenta lines in (a-b) are

shown at +6 - 10%,42.4-10'0, £4.8 - 10'°, 49.6 - 10'%kg/s, and for (c-j) at +-0.0018,40.0072, £0.0144Pa/s.
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correlation of A jet latitude with:
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1142 F1G. 12. Correlation across all 10 configurations between the 970hPa jet shift and A specific humidity as a

14 function of latitude and pressure.
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